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Chapter 9

CHEMICAL WEATHERING RATES OF SILICATE
MINERALS IN SOILS

~ Art F. White

U. S. Geological Survey .
Menlo Park, CA 94025 U.S.A.

INTRODUCTION

Soil can be defined as “a natural body consisting of generally unconsolidated layers or
izons of mineral and/or organic constituents of variable thickness which differ from
nt.rock in morphological, physical, chemical and mineralogical properties” (Joffe, 1949).
such, the study of soils have long been tied to the nature and extent of chemical
thering. The literature on soil chemical weathering related to secondary mineralogy,
mical equilibrium and ion exchange, in addition to the effects on geomorphology and
ther physical processes, has been reviewed in a number of books (Lmdsay, 1979; Nahon,
991; Sparks and Suarez, 1991; and Sposito, 1994). The present review discusses the rates
hemlcal weathering of primary silicate minerals in soil environments. Although soils
ent one of the most accessible natural environments, relatively few studies have
antitatively addressed weathering rates of feldspars, amphiboles, pyroxenes, micas and
er silicate minerals under such conditions. Estimating weathering rates of silicate minerals
oils is important because such reactions ultimately control rates of soil development and
ondary mineral formation. Weathering rates also influence soil buffermg capacities
ted to acidic deposmon in watersheds and control the cycling of many morgamc nutrients
ch are 1mportant in soil fertlhty and carbon cycling,

The chemical weathering of a primary mineral j in a soil can be deﬁned in simplest
ns as

’=k S At : B : 1)

e M; is the mass loss (mol), k;is the rate constant (mol em? ), Sis the surface area (cm?)

At the time period (s) dunng which weathering occurred. These terms, as well others
d throughout the paper, are tabulated in Table 1. In weathering studies of natural systems,
uation (1) can be employed as a predictive tool to determine any one of the above
ameters provided that the other terms are known. The present paper will discuss methods
sed to determine mass losses, surface areas and duration of weathering, which in turn, will
ermit calculation of weathering rate constants for soil environments.

. Chemical weathering of primary silicates in soils will be addressed in the present paper
rom two perspectives. These will be (a) rates determined from solid state element and
eral losses relative to initial or parent material and (b) rates determined from solute fluxes
through the soil profile. These parallel approaches require the determination of mass loss A4
ased on either mineral or solute compositions. Soil mideralogy represents the re51dua1
duct of chemical reactions which integrate the weathering rate over the entire period of
0il development. In contrast, solute chemistry and fluxes reflect present day weathering
ler current chemical and hydrologic conditions. Both approaches require the determination
: f the duration of weathenng In the case of mineral or elemental loses, duration of
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+ Table 1. Summary of parameters referred to in text!,
Symbol Definition o

a Rate of etch pit annihilation .
C,»  Concentration of weatherable mineral or element in soil profile
A Concentration of weatherable mineral or element in protolith

C,.  Concentration of inert mineral or element in soil profile
C Concentration of inert mineral or element in protolith
Cy: - Concentration of quartz in soil :
c Concentration of aluminosilicates in soil

¢! Concentration of solute species k contributed by dissolution

C Solute concentration measured in soil solution

e Solute concentration incorporated into secondary phases

A Solute concentration contributed from non-weathering sources
D Mineral grain diameter .

E, Activation energy

ET Evapotranspiration

A Mass fraction of mineral in soil

Vid Mass fraction of mineral in size fraction ¢
G Etch pit growth rate

hg - Hydraulic head due to gravity flow

h, Hydraulic head related to matrix potential
I4P  Aqueous activity product for soil solution
K, Unsaturated zone hydraulic conductivity
K Solubility constant of mineral phase

K Weathering rate constant for mineral phase j
M Mass of soil A
M, Mass of mineral phase reacted
M, Mass of residual.ineral in soil

M?,  Mass of mineral in protolith .
Mass flux of mineral weathered
Moisture content of soil

Number of etch pits’

Stoichiometric ratio of species k in mineral phase j
Precipitation

Watershed mass flux’

Flux of mineral j

Flux of solute k

Soil water flux

Gas constant

Ratio of conservative and weatherable component in soil and parent material
Ratio of unit soil surface area to total surface area of mineral in soil

Initial particle radius '

Final particle radius resulting from weathering

Specific mineral surface area '

Internal surface area due to porosity

Unit surface area of soil perpendicular to flow

Total surface area of mineral contained in'volume of soil

Geometric mineral surface area ' -

=
£ X

b2 x X3

Rl R R Y l SISTS
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Temperéture . ‘ oK.
Volume of protolith . . cm?
Volume of soil . . ‘ cm?

Molar volume of mineral phase j ; cm® mol!
Volume fraction of saprolite cm? cm™
Volume fraction of inert minerals in soil cm?® cm?
Volume fraction of secondary minerals produced in soil cm?® cm™
Volume fraction of soil attributed to porosity ~ * o ’ cm?® cm™?
Etch pit diameter cm
Mass fraction of quartz in soil . . ggt
Mass fraction of weatherable mineral in soil - ogg!
Mass fraction of quartz in protolith . gg!
Mass fraction of weatherable mineral in protolith gg!
Depth of weathering cm <
Mineral sphericity =~ . cm?® cm?
Net free energy of reaction . kJ mol™
Time span over which weathering occurs s
Volumetric strain ‘ ) cm®cm™
Hydraulic gradient . cm H,0 cm!
Mineral surface roughness : © cm?cm™®
Aluminosilicate surface roughness cm? cm™
. Quartz surface roughness’ : ' cm? cm
Density of protolith ' ~ gem™
Density of weathered soil ' gem?
Density of mineral : gem?
Shear modulus - ’
Transport function describing mass loss from weathering gg’!
Weathering velocity ‘ cm s’
Particle size fraction )
Etch pit slope ' degree
Mineral molecular weight ' oo , mol g

: To prevent dupllcatlon of terms, some original symbols used in cited literature have been

ged.

thering equates to the age of the soil profile. For solutes, the resident time is equivalent
nid transit time through the soil. Both approaches normalize chemical fluxes to the unit
ce area of the mineral phase. A detailed discussion will follow on the definition and role
urface area in weathering rate calculations. Finally, the derived rate constants &, based
quation (1), will be compared for various natural soils and experimental studles
ons for observed variations will then be addressed.

WEATHERING ENVIRONMENTS BASED ON SOIL.CLASSIFICATION

Weathering rates of primary silicates are strongly influenced by specific soil
vironments. Due to the complexity of soil weathenng and the need to qualitatively
scribe and compare soil distributions, much effort in soil science has been devoted to
hods of soil classification. From the standpomt of weathering, three aspects of soil
sifications are relevant.

Soil Profiles: Physical descriptiohs of soil weathering are dependent on the spatial
tion or depth in the soil column. Studies often distinguish either explicitly or more often
licitly between a soil profile and a weathering orofile (Birkeland. 1984). Where this is
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- influenced by plant roots (Buol and Weed, 1991). Such an emphasis on shallow soil horizog

"other conditions effecting soil development are subordmate or relatively constant. Suc

- but under similar conditions for other state factors; Differences in parent mineralogy may:

wéathering profile. A more inclusive definition of a soil profile is the vertical section
includes all layets that have been pedogenically altered during chemical weathermg S
horizons defined within such profiles clearly recognize the vertical transition in the degr
of weathering from the intensively weathered A and E horizons through the moderat
weathered B, to the relatively unaltered C horizons to bedrock (Buol et al., 1989). Such
approach encompasses the entire span of chemical weathering occurring at the earth’s surf;
including both the distribution of primary s1l1cates as well as secondary clay
oxyhydroxide minerals.

Soil Classes: Most of soil science literature is concerned with the upper regions of th
soil profile often termed the soil solum. The exact lower boundary of the soil solum is
always defined but is generally shallow (25 to 100 cm) and is the soil profile m

clearly reflects the overriding importance of biological activity in most soil studies as we]
as the amenability' of shallow soils to soil surveys. Modern soil mineral classifications
the major soil orders are based on the description of this shallow zone (Buol et al., 1989)
Soil family mineralogy classes are principally oriented toward the distribution of second g
oxyhydroxides and clays in the heavily weathered shallow solum and do not general}
include details of the primary silicate distributions more prevalent in deeper soils nor th
composmon of the underlying bedrock. .

Soil Sequences: Soil science attempts to define changes in soil characteristics in terii
of specific processes or influences relevant to weathering. Jenny (1980) defined anj
dependent soil property as a function of a number of independent soil properties or stat
factors such that

Soil Property I (pt, cl tp, t, org) (2

where pt is the parent material, /cl is climate, #p is the topography, #is the age of the soil an:
org is the role of organisms Soil sequences can be classified based on a single variable i

sequences can be defiried as follows

-

thhosequences are series of soils developed on different parent materials or rock type

be the dominant factor determining weathering rates in these soil (Dixon and Weed, 1989)
As originally proposed by Goldich (1938), the relative reactivity of minerals decreases i
the order: carbonates > mafic silicates > feldspars > quartz. Therefore, the proportions o
these primary minerals in a soil profile will strongly influence absolute weathering rates.

Climosequences are soils with similar properties that are influenced principally by
differences in precipitation and temperature. An example would include different weathering ‘
rates of continuous volcanic ash layers in soils deposited under extreme differences in -
precipitation conditions on Hawaii (Johnsson et al., 1993). : :

Toposequences refer to soils formed over lateral variations in slope and topography.
Soils at bases of hillslopes or on river flood plains accumulate parent material and have
higher moisture contents than upland soils which are non-cumulative and have lower *
moisture conditions. Such sequences may be important in assessing effects of hydrology and -
physical versus chemical weathering rates on soil development. .

Chronosequences are groups of soils for which all soil forming factors except elapsed
time of formation are equivalent. The effect of time on chemical weathering rates is one_
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aining many of the observed differences between experimental and natural weathering

Biosequences are soil sequencesbontaining variable biotia such as differences in the
nt and type of plant cover. The role of plants in weathering rates is an important issue
il weathering studies and in deciphering the weathering history of the earth.

arly the above soil classifications provide important opbortunitiés to isolate and assess
ortant parameters that influence soil weathering rates. ' ’

MINERALOGICAL MASS BALANCES IN SOILS

‘In the introduction, a soil was defined as being composed of mineral or chemical
tituents that differ from the parent material or protolith. As indicated by Equation (1),
tification of the mass difference M is required in calculating weathering rates of primary
jtes in soils. The following sections discuss the approaches which can been used and the

1

mptions required to calculate mass losses due to chemical weathering.
s Balance Approaches

The simplest approach in determining mineral or chemical losses associated with
ary silicates in soils is to determine the ratio of the chemical or mineral concentration
the weathered soil C;,, to the corresponding concentration in the parent material or

lith C;, (i.e. C;,/C;,). However, the mass ratio of mineral or chemical components in
and parent material is also dependent on concentration and dilution effects caused by the
s and gains of all the other components. The most common method for overcoming this
Jem is to define the mass ratio in terms of a conservative component 7 whose absolute
does not change during weathering of the protolith to form a soil

C. ('c, ] . -
1 < gt ©
C C ,

Jp p

n R, = 1 the ratio of the weatherable j component equals the ratio of the conservative
mponent i. This signifies that no loss or gain of the j component occurs in the soil and that
o behaves in a conservative fashion during weathering. In contrast, if R, =0, complete
thering loss of component j occurs. Likewise, the change in volume of a soil relative to
olume of the original parent material can be defined as '

L = _Ci'w ' : i (4)
v, C,

arious forms of Equations (3) and (4) have long been used to estimate the extent of
emical changes in soils (Merrill, 1906; Barth, 1961; Harden, 1987). .

. A more general approach to soil weathering using the same mass ratios has been
veloped by Brimhall and Dietrick (1987), Chadwick et al. (1990) and Merritts et al. (1992)
here the ratio of the weathered to parent composition is determined by three distinct
esses defined on the right hand side of Equation (5).

Ciw = Po 1

Co Py (§,+ 1)

a+7,) - 5)
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and removal of mobile elements with a corresponding increase in porosity. Volume changeg
that may be associated with the density changes are described by the strain factor 1/ €} :
where €;,, = V,/V,- 1 (Eqn. 4). Together residual énrictiment and strain are describeg
“closed system” contributions which occur without movement of the component ufi
consideration (i.e. C;,). The mass transport component “tau”.7,, is an “open syst
contribution that describes mass movement across the sample volume boundaries (Bri
and Dietrick, 1987).

T;w is computed from density and chemical composition data in combination/w;
volume change derived from the strain calculations : '

= pw Cj,w

’Ej w
pP Cf P

(g,* 1) -1

When 1;,, = -1, mass of element j was been completely lost during weathering. If 7,

the element is immobile and is only affected by internal closed chemical system proces
specially residual and strain effects caused by changes in bulk density and volume. Fot
truly immobile element i (i.e. T;w = 0), Equation (6) can be rearranged to give

C.
Ejw = Ly ' ' \
» p C ,

wiw

such that the volumetric strain can be calculated. Substitution of Equations (6) and (7) into
Equation (5) produces the expected mass transfer relation T;w =R,~1 (Eqn. 3).

The mass flux resulting from weathering of a volume of soil V., can be calculated usiij
the open chemical system transport function T;w Such that

- P |

Y [ P»Vw?(ro) o

In tum,\the overall flux from a soil profile which has undergdﬁe variable amounts of mass
transfer as a function of depth z can be calculated as :

z=d -
M, = Sio |- T, d
J pPloo Jw z

z=0 —

-

Mass balances are defined in’ terms of ratios (Egns. 3 and 5) and are therefor
independent of the units employed. Such mass balance calculations are equally applicable-
to mineral and elemental soil components (White et al., 1995). Equations (8) and (9) arréi_‘;
written in terms of mineral concentrations which leads to a direct correlation with the loss:
of mineral mass M in Equation (1). If the above equations are written in terms of elemental’
concentrations, then M, must be calculated from mineral stoichiometries; ‘

Required assumptions for mass balance calculations

Two important assumptions concerning mineral and elemental components are required -
in the mass balance calculations. The first involves determination of the composition of th
parent material C;, prior to the onset of chemical weathering. For soils developed in situ o

parent bedrock, such as saprolites, the potential errors in this determination are confined t
local heterogeneities in bedrock comnositions. .
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The estimate of the initial composition becomes more difficult when soils are
¢loped on sedimentary parent materials such as alluvial terraces or loess deposits. One
ach would be to use the bedrock composition from the assumed source area as the
material. However for deposits produced by rivers, significant compositional
nces can exist between the bedrock in the source area and the downstream sedimentary
it. This is caused by weathering in upland watersheds coupled with sorting and
wing during transport and deposition in the rivers. For such deposits, the parent
¢rial is commonly assumed to be the least weathered horizon in the soil profile. In
ipractice, this corresponds fo the deepest C horizon soils and in the case of -soil
hronosequences, the youngest soil profiles (Merritts et al., 1992; White et al., 1995). The
£ /% imptions inherent in this approach is that such materials are truly unweathered and that
‘accurately reflect the composition of initial sediments from which the older and more
thered soils were derived: :

The second requirement in the mass balance approach (Eqns. 3 and 5) is that
therable elements or minerals must be ratioed against an inert component i present in.

the parent material and soil. Conservative elements most often employed in nfiass
ance calculations include Zr (Harden, 1987; Chadwick et al., 1990), Ti (Johnsson et al.,
3), and rare earth elements such as Nb (Brimhall and Dietrick, 1987). Considerable
greement occurs in the literature as to the relative mobility of specific elements under
ering weathering regimes. Also as discussed by White et al. (1995), minor elements such
ind Ti are often concentrated in the small size-heavy mineral fraction which may be
ected to significant fractionation during sediment transport and deposition.

An alterative approach is to consider relatively inert minerals such as ilmenite (April
1., 1986) and quartz (Sverdrup, 1990; White et al., 1995) as conservative phases. Quartz
ften a significant fraction of the parent material and is of comparable particle size and
cific gravity to the weatherable aluminosilicate fraction. Thus, quartz is less likely to
tionate in a depositional environment relative to heavy minerals containing elements such
r and Ti. However, the rate of quartz weathering in soil environments is open to debate
therefore the extent to which it is conservative relative to other weatherable minerals or
ments is open to question. Based on experimental rate data, Lasaga et al. (1994) estimated
-the residence time of 1. mm quartz grains at neutral pH to be 34 m yr, a time span 1 to
ders of magnitude longer than for feldspar grains of comparable size. White et al. (1995),
onstrated minimal etch pitting and relative constant BET surface areas for quartz ina 3
soil chronosequence. However other studies have suggested that significant amounts of.
lartz can dissolve in some weathering environments (Brantley et al., 1986; Brimhall'and
igtrick, 1987) (see Dove, this volume; for a detailed discussion of quartz dissolution).

of mass balance equations )

The preceding mass balance “approaches are now illustrated for deep saprolitic
eathering in the Rio Icacos watershed in Luquillo Mountains of Puerto Rico (White et al.,
5) This watershed is situated in a humid tropical rain forest. Bulk soil and bedrock
dmples were analyzed for major and minor elements. Soil density measurements were
btained using a piston coring device. The density of the granitic rocks was assumed to be
-=2.60. Resulting data, as functions of residual enrichment, p,/p,,, strain €;,, , and mass
nsport T;,, as defined in Equation (5), are plotted in Figure 1. In the Rio Icacos soil
rofile, the density ratio of parent rock to weathered saprolite p,/p,, is larger in the shallow
il horizon (<1 m) due to organic input and bioturbation (Fig. 1A). Deeper in the
listurbed sapolite B horizon, the profile reaches a relative constant density ratio of 2.0
% porosity) to a depth of approximately 7 m, which corresponds to the bedrock interface.
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Figure 1. Weathering characteristics as a function of depth in saprolite profile in the Rio Icach:
Watershed in Luquillo-Mountains of Puerto Rico: (A) bulk density ratios P, /Py (B) volumetric strain (S
and (C) mass transfer T;,, calculated from Equations (5 7.

The calculation of the strain factor €;, ,which describes the volume change in the s
(&w=V./V,-1; Eqn. 7), was miade using trace elements including Zr, Ti, and the rare earth
elements Nb and Y (Fig. IB) Although such elements are generally considered immob
with respect to weathering, their conservation under any specific geochemical condition is
not guaranteed. Therefore, the best strategy is to consider a suite of such elements to
establish the exterit -of volumetric changes undergone by a“soil during weathering. As
indicated for the Rio Icacos soil, Zr, Ti, and Nb produce consistent estimates for strain e

-which center close to zero (Fig. 1B, vertical dashed line). This lack of a significant volum
change indicates that weathering is essentially iso-volumetric, which is consistent with a seil
porosity of nearly 50%, and with the preservation of primary igneous textures in the
saprolite. Iso-volumetric weathering has been reported for other sapprolites based on mass
balance calculations (Cleaves, 1993). Use of Y in Equation (7)'produces calculated volume
increases of up to a factor of three in the saprolite. Such unrealistic increases in volume
reflect the loss of Y from-the soil during weathering.

The mass transport component t;,, ( Eqn. 6) is calculated for major cations and Si0;
in the Luiquillo soil in Figure 1C. Values of -1 for Na and Ca throughout the profile indicaté’
that these elements are completely loss during weathering of the primary silicates, principally
from plagioclase ‘and hornblende, and are not retained by secondary clay minerals;
prmcxpally kaolinite. Approx1mate1y 80% of Mg, and 50% of SiO, are also lost. The only
remaining primary minerals are hydrobiotite, which accounts for the residual Mg, and quartz;
which along with secondary kaolinite, which accounts for the remaining SiO,. Residual Al
and Fe are retained in the kaolinite and Fe oxyhyroxide phases. The extent of elemental an
mineral losses from weathering in the upper 7 m of the soil profile is constant. Curre
weathering occurs within a narrow interface (< 10-cm) dxrectly above the underlying quart
diorite and overlying saprolite (Fig. 1).
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Figure 1.Wealhei'ing characteristics as a function of depth in saprolite profile in the Rio. Icacos 5

Watershed in Luquillo-Mountains of Puerto Rico: (A) bulk density ratios Pp/Pw» (B) volumetric strain €w.
and (C) mass transfer T; ,, calculated from Equations (5-7).

The calculation of the strain factor €; »which describes the volume change in the soil

(&w=V./V,- 1; Eqn. 7), was made using trace elements including Zr, Ti, and the rare earth
elements Nb and Y (Fig. 1B). Although such elements are generally considered immobile -

with respect to weathering, their conservation under any specific geochemical condition is
not guaranteed. Therefore, the best strategy is to consider a suite of such elements to
establish the extent of volumetric changes undergone by a soil during weathering. As
indicated for the Rio Icacos soil, Zr, Ti, and Nb produce consistent estimates for strain €jw
which center close to zero (Fig. 1B, vertical dashed line). This lack of a significant volume
change indicates that weathering is essentially iso-volumetric, which is consistent with a soil
porosity of nearly 50%, and with the preservation of primary igneous textures in the
saprolite. Iso-volumetric weathering has been reported for other sapprolites based on mass
balance calculations (Cleaves, 1993). Use of Y in Equation (7) produces calculated volume
increases of up to a factor of three in the saprolite. Such unrealistic increases in volume
reflect the loss of Y from the soil during weathering.

‘The mass transport component t;,, ( Eqn. 6) is calculated for major cations and Si0,
in the Luiquillo soil in Figure 1C. Values of -1 for Na and Ca throughout the profile indicate
that these elements are completely loss during weathering of the primary silicates, principally
from plagioclase and hornblende, and are not retained by secondary clay minerals,
principally kaolinite." Approximately 80% of Mg, and 50% of SiO, are also lost. The only
remaining primary minerals are hydrobiotite, which accounts for the residual Mg, and quartz,
which along with secondary kaolinite, which accounts for the remaining Si0,. Residual Al
and Fe are retained in the kaolinite and Fe oxyhyroxide phases. The extent of elemental and
mineral losses from weathering in the upper 7 m of the soil profile is constant. Current
weathering occurs within a narrow interface (< 10 cm) directly above the underlying quartz
diorite and overlying saprolite (Fig. 1). : : .
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The element loss from the Rio Icacos soil profile can be calculated by integrating t;

* over the depth of the entire profile z using Equation (9) and the composition and density of
. the bed rock (p, = 2.60).The calculation indicates that for 1 m? of soil surface, the molar
Josses from weathering to a depth of 7 m are Si = 1.1:10%, Ca=1.7-10* Al =1.6-10°, Na =
$1.1:10% Mg = 6.4x10°, Fe=23-10° and K = 2.0-10'. Elemental fluxes, when combined with
_known stoichiometries, can be used to calculated the total mineral mass flux A (Eqn. 1).

t flemental losses as functions of time . )

 If the age of a soil horizon is known, mass loss as function of time can be determined from
i Equations (3) or (5). The most direct application of this approach is to soil chronosequences.
. The following example demonstrates the usefulness of this approach in interpreting effects
© of climate on chemical weathering rates for 3 soil chronosequences studied in California.
" These soils are described briefly as follows: '

' The Merced Chronosequenbe is comprised-of soils developed on alluvial terraces

" formed from glacially-derived granitic outwash from the Sierra Nevada and deposited along

the Merced River in central California (Harden, 1987). The main soil units and estimated
ages of these deposits (0.2 to 3000 kA) obtained by 14C, uranium trend analysis, and K-Ar

_ dating methods are listed in Table 2. The present climate is a Mediterranean type with

average annual precipitation of 300 mm and an average temperature of 16 °C.

The Honcut Creek Chronosequence is a series of soils developed on alluvial outwash
terraces from the Sierra Nevada and consisting of meta-volcanics and granodiorite were
developed along to the north near the Feather River Canyon. These soils, described in detail
by Busacca and Singer (1989), range in age from 0.6 to 1600 kA. The present climate is

temperature of 16 °C.

The Strawberry Rock Chronosequence is situated near the mouth of the Mattole River
in Northern California and is composed of marine terrace deposits composed of arkosic
sandstone with some siltstone and shale from the Jurassic Franciscan formation. Soil ages
are based on radiocarbon and sea-level stands, and range from 3.6 to 240 kA (Chadwick et
al., 1990; Merritts et al., 1992). This site has a seasonal Mediterranean type climate
characterized by prolonged cool but dry summers and mild and wet winters with an annual
precipitation of 1100 mm and an average annual temperature.of 13°C.

The ratios of SiO, concentrations in the soil and parent sediments (R,, Eqn. 3) were
chosen as indicators of the extent of weathering within the soil chronosequences. In both the
Strawberry Rock and Honcut Creek studies, Zr was assumed to be the conservative
component (Busacca and Singer, 1989; Merritts et al., 1992) while quartz was assumed to
be chemically conservative in the Merced soils (White et al., 1995). All three studies
assumed that the deepest C horizons of the youngest soils were representative of parent
chemical compositions. The SiO, ratios for the Merced, Honcut Creek and Strawberry Rock
soils are approximated by exponential decay functions when plotted against time in Figure
2A (solid lines). Such exponential decay functions have been observed for other chemical
properties of chronosequences such as the decrease in base cation saturation with time (Bain
et al., 1993). These exponential decreases in weathering rates are attributable to selective
removal of the more reactive minerals during the initial stages of weathering and the

persistence of less reactive phases during later stages of weathering.

The relative rates of Si0, decrease in the three soil chronosequences are significantly
different. The Strawberry Rock soils weather faster than the Honcut Creek soils which in
turn weather faster than the Merced soils (Fig. 2A). These relative rates are apparently related

Mediterranean with an average annual-rain fall-of-600-mm-and-an-average-annual-air- — -
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Table 2. Soil profiles and ages of the Merced
Chronsequence, California. ’

Soil Unit Sampled Age of
Depth  surface
(cm) - (kA)
Post-Modesto Deposits 51 02-3
Modesto Fm., Upper member 254 10
Modesto Fm., Lower member 413. 40
Riverbank Fm., Upper unit . 400 130
Riverbank Fm., Lower unit 500 250
Turlock Lake Formation 375 600
Laguna Fm., China Hat Unit 350 3000
11 : 1.2
| ® Merced; 300 mm A | m—Homblende | B
1.0 A Stawberry Rock; 600 mm 1.0 -@—Plagloclase
- @ Honcut Creek; 1100 mm 7 —w—K-feldspar
0.94 0.8
o 08 06
id
0.74 0.4
0.6 02
0.5

0 500 1000 1500 2000 2500 3000

KA ’ KA

Figure 2. Comparison of mineral weathering rates based on mass ratios (R,) for: (A) decrease in Si0g as
a function of time for three chronosequences in California legend (annual precipitation in mm), and
(B) decrease in mineral abundances with time for the A horizons in the Merced chronosequence. Dashed lines
connect fitted rate constants k; (Eqns. 21 and 22). '

to climatic differences. Although the current mean annual air temperatures for the 3
chronosequences are similar, 14-16 °C, the average annual precipitation varies by almost a
factor of 4 from 300 mm for the Merced soils to 1100 mm for the Strawberry Rock soils. A
comparable correlation between increasing weathering and precipitation has been recently
documented for SiO, and Na in watershed studies (White and Blum, 1995b). Comparison
of weathering rates of soil profiles based on present climate assumes that similar conditions
have persisted in the past. Precipitation in central California reached a long term maximum
in the late Pliocene at approximately 1.5 times that of the present day average (Busacca et
al., 1989). Past paleoclimatic differences at an individual site therefore appear to be less than
present day differences between the 3 sites. Other mass balance studies have investigated
differences in weathering rates over time. Cleaves (1993) estimated that the rates of saprolite
formation in the Piedmont Province in Maryland may have decreased by 50 to 90% as a
result of periglacial conditions during the Pleistocene. . :

Mineral losses as functions of time

The mass balance calculations use ratios for both weatherable and inert components



White: Chemical Weather Rates of Silicate Minerals in Soils 417

Table 3. Comparsion of compositions of parent Tuolume intrusive series and basal
C horizons of the 10 kA Merced soils. Units are in wt % unless otherwise indicated.

Unit Profile’ Depth Qtz. Plag. K-feld Hnbl. Biot. Clay = Zr  Ti

Granite' 254 439 222 7.0 4.1 0.0 0.016 037
‘Basal Modesto  M12 231cm 34.6 387 157 7.0 32 0.8 0017 036
. Basal Modesto M31 254cm 372 330 129 107 2.6 3.6 0.033 0.57
Basal Modesto M46 250cm 33.6 394 108 57 1.8 8.7 0.021 049

"Data from Bateman and Chappell, 1989; {nits based on classification of Harden, 1987

Eqns. 3 and 5) and are therefore equally applicable for calculating mineral as well as
I elemental losses or gains (White et al., 1995). Mineralogical compositions in soils and parent
“imaterial can be determined using a number of analytical approaches including point
ounting, chemical modal analysis and quantitative X-ray diffraction techniques. The last
- two techniques were used to evaluate mineralogical changes in the Merced chronosequence
“soils (White et al., 1995). As indicated in Table 3, the composition of the assumed parent
i:materials, as represented by the basal C horizons of the youngest 10 kA soils, are
ignificantly depleted in' feldspars and enriched in quartz relative to the source granite
ontained in the Tuolumne intrusive of the Sierra Nevada. Note also that quartz abundances
“ are much more consistent within the deposits than are Zr and Ti contents which are
& commonly assumed to be conservative elements in mass balance calculations (Eqns. 3 and

rior to deposition in river terrace deposits. ;

" horizons relative to the parent composition were calculated and plotted as a function of soil
: age in Figure 2B. R, values, based on quartz as the conservative component, approach unity
“in the younger soils (+0.20). During the first 600 kyr, primary silicates decrease
~-exponentially in order hornblende > plagioclase > K-feldspar, which is consistent with
- commonly observed weathering rates in soils (Dixon and Weed, 1989; Nahon, 1991) and in
© experimental dissolution studies (Lasaga, 1984). The calculations predict, that after 3000 kyr,
" all of the primary aluminosilicate minerals are lost except for a residual K-feldspar fraction
" (R, = 0.30). Optical inspection of residual mineral separates in the China Hat showed no
detectable plagioclase or hornblende and only minor amounts of K-feldspar. Decreases in
reactive minerals dominate the initial weathering processes and result in rapid SiO, loss in
younger soils. In the older soils, chemically resistant minerals, principally quartz, are present.
The selective decrease in reactive minerals explains the exponential decrease in chemical
weathering rates with time. ’

Other studies have also used changes in mineral abundances to investigate chemiical
weathering. Mahaney and Halvorson (1986) documented progressive increases in the quartz/
feldspar ratios in soils from a 500 kA chronosequence in the Wind River Mountains of
Wyoming. April et al. (1L986) calculated long term chemical weathering rates based on
homblende depletion in soils in two Adirondack watersheds. In comparing these rates with
weathering based on watershed solute discharge, these workers concluded that current rates
may be a factor of 3 times greater than long term rates due to the influence of acid
deposition. As in the case of elemental loses (Fig. 2A) mineral losses can provide important
information on changes in the weathering environment over time (Fig. 2B).

) These differences are attributed to weathering and preferential sorting of heavy minerals .-

The proportions of K-feldspar, plagioclase and hornblende remaining in the A soil .
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Volumetric analysis and rates of soil formation

Chemical weathering rates in soils can, in some instances, be formulated as the rate of
downward movement (velocity) of the chemical weathering front into the regolith, The
simplest case is the use mass balances to investigate the iso-volumetric weathering of
crystalline bedrock to saprolite (Cleaves, 1993). As indicated for the Rio Icacos soils,
weathering of primary minerals occurs predominantly at the base of the saprohte in dlrect
contact with the bedrock (Fig. 1). Mass balance under such conditions requires that the
volume of saprolite equals the volume of initial rock (¥, = ¥,). A unit volume of saprolite
v, therefore can be considered to consist of three components: the volume fraction of
secondary minerals produced from weathering v,, (e.g. clay and Fe oxyhydroxides), the
volume fraction of stable unweatherable minerals v, (e.g. quartz) and the volume fraction due
to por051ty of the saprolite v, such that

Vo T Ve VY, ) _ (10)
The velocity of the weathering front at the saprolite- -bedrock interface W, (cm s ') can be
related to the mass flux of solute transported from the weathering profile Q,, (g cm? s™') where
P, is the density of parent rock (g cm?)

0, =2 L . S

pp Vsm

0, is most often determined from net watershed mass fluxes attributed to chemical
weathering in the soil profile. Methods for calculating weathering rates in watersheds based
on mass balances are discussed in detail by Drever (this volume). Weathering fluxes are
determined as the difference between total measured solute discharge in the stream and input
and output sources such as wet and dry fall, biological fluxes and ion exchange. Solute
fluxes attributed to weathering can be normalized to the geographical surface area of the
watershed which in turn can be converted to unit area of soil (g. cm).

Cleaves (1993) calculated a range of weathering velocities of W, =3.71029.7m 10°*
yrs for the vertical advancement of the saprolite weathering front into schists in the Pond
Branch watershed in the northern Piedmont Province of the USA. Other saprolite weathering
rates, mcludmg that for granite at the Rio Icacos site, are found to range between 3 and 37
m 10 yrs (Table 4). Such rates are also comparable to long term denudation rates reported
for comparable landscapes assuming long term dynamic equilibrium between rates of
saprolitization and rates of physical and chemical erosion. Based on total river discharge,
sediment rates and solute fluxes (Wakatsukl and Rasyldm 1992) estimated a global average
soil formation rate of 5.6 m 107 yrs.

i

In contrast to iso-volumetric weathering of bedrock to saprolite, soil formation on
sedimentary deposits commonly results in significant increases in soil density and decreases
in soil volume with time. For example, measured bulk densities p,, of the Merced
chronosequence (Fig. 3A) increase with age from the Post Modesto (3 kA) through the
Turlock Lake (600 kA) soils and then decrease in the China Hat (3000 kA) soils. Density
increases in the older soils are related to soil compaction associated with weathering of
primary minerals and clay formation. Less compaction in the oldest China Hat soil is
probably due to the presence of cobbles which support a less dense soil structure. Higher
organic contents and bioturbation create lower bulk densities in the'A honzons than the B+C
horizons. :

Corresponding volume changes for the B+C horizons of Merced soils Based on
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Table 4. Propagation rates of weathering fronts at the sapolite/bedrock
interface (Eqn. 11). Weathering rates are in meters/ 10° years.

Rate Rock Reference
3.3-29.7 Schist Pond Branch Maryland Cleaves, 1993
4.0 Granite Ogccoquan basin, Virgina Pavich et al., 1986
+35.8 Granite Rio Icacos, Puerto Rico This paper
37.0 ‘Schist Coweeta Watershed, North Carolina  Velbel, 1985
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Figure 3. Density p,, and volume change AVin the B+C horizons of soils in the Merced chronosequence.

Lines connect mean average values of soil samples of the same age.

Equation (4) are plotted as functions of time in Figure 3B. The progressive decrease in the
volume ratio to 0.7 in the oldest China Hat soils suggest that significant compaction has
occurred as a result of weathering even though the bulk densities in the younger soils
actually increase (Fig. 3A). Assuming that (1) quartz is conservative, (2) parent mineralogy
is equivalent to the average composition listed in Table 3 and (3) p is constant for all
minerals, the complete weathering of aluminosilicates to kaolinite would produce a volume
loss of 30%, which is comparable to the calculated China Hat volume loss (Fig. 3B). The
extent of these volumes losses are expected to significantly affect porosity and
hydrochemical processes which control weathering in the soils.

The approaches presented in the preceding discussions are important techniques in
quantifying mass and volume losses associated with the weathering of primary minerals in
soils. When normalized relative to spatial distributions, such mass balances provide
information on total mass losses from soil horizons (Eqns. 8 and 9). When coupled with soil
ages, mass balances permit comparison of relative weathering rates in different soil profiles
and to assess parameters such as climate differences.

SOIL SURFACE AREAS

The calculation of quantitative dissolution rates k; (Eqn. 1) is dependent on

normalizing the reacted mineral mass M; to the mineral surface area S. As will become -

apparent in the following discussion, the estimation of surface areas is one of the most
difficult problems in quantifying weathering rates in soils and represents one of the sources
Of greatest discrepancy. The surface area in Equation (1) is related to the density of sites on

!
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the solid surface which is exposed to aqueous solution and at which silicate hydrolysjg
reactions can occur (Helgeson et al., 1984). However, from an operational standpoint, sych
reactive surface areas in natural weathermg studies are almost always assumed to scale
dlrectly with measurable physical surface areas (cm? g™'). The following discussion will
therefore focus principally on available data and methods for determining physical surface
areas of primary minerals in soils. Other factors, including selective reaction at defect angq
dislocation sites and physical and hydrologic isolation of mineral surfaces, may decouple
physical and reactive surface areas. Additional discussions of the nature of reactive surfaceg
are presented in a following section of this present paper and elsewhere in th1s volume (see
Lasaga; Blum and Stillings).

Assu.rmng spherlcal grain geometry for a non-porous mineral, the specific surface area
S (cm? g") of mineral grains of constant diameter D (cm) can be dCSCI‘led as (Jaycock and
Parfitt, 1981; Anbeek, 1992)

6 ' ' '
S = A .
ij | (12)

where p; (g cm™) is the mineral density and A (cm?®.cm-) is the roughness factor. A is the
ratio of the measured surface area S to the equivalent geometric surface area s (Helgeson et
al., 1984; White and Peterson, 1990; Anbeek, 1992) such that

A= Sis ' ' (13)

- Operationally surface roughness is determined from a macroscopic measuring technique used
to estimate s (e.g., sieving or light scattering) and a microscopic technique used to measure
S (e.g. BET gas sorption). S can be defined by Equation (13) as the product of the spherical
geometric surface area s (cm?® g ), defined by D and p;, and the roughness factor A (cm 7em)).

Surface areas of silicate mmerals in soxls

Surface areas of 3011 components are commonly normalized to soil mass (m? gn of
soil ) or as-a specific surface area normalized to the unit mass of mineral component (m? g*
of mineral). BET surface areas of bulk soils are generally reported to range between 5-70 m?
per gram of soil (Gallez et al., 1976; Feller et al., 1992). Limited data on the surface area of
the primary silicate fraction suggests that this component makes up a minor portion of the
bulk surface area. White and Peterson (1990) investigated the relationship between grain size
distributions and surface areas of the silt-sand size fractions of several soils. Examples
included the relative contributions of Fe-oxyhyroxides, Fe-silicate phases (= biotite +
homblende) and non-Fe containing silicates (feldspars + qtz) to total surface areas of a
poorly developed soil on Sierra Nevada granite near Lake Tahoe (Fig. 4A) and a deeply
weathered granitic saprolite from Montara Mountain near San Francisco (Fig. 4B). Data are
plotted as cumulative contributions to the bulk surface area (m? per gram of soil) In the
younger soil, the surface area of all size fractions are dominated by Fe-oxyhyroxide phases
which coat the silicate grains. This contribution is less in the older Montara soil with surface
area being dominated by the residual primary Fe-silicate phases. In both soils, the combined
surface areas of quartz and feldspar in all size fractions were only a minor component of the
total soil surface area.

Soil surface areas generally increase with soil age (Table 5). The BET surface areas of
Merced soils increase with age from 4.to 18'm?%g. This increase correlates closely with the
corresponding clay content whose surface areas comprise about 20%-of the total surface area
in the youngest 3 kA soils, compared to 72% in the oldest 3000 kA soils. Cumulative surface
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Figure 4 (above). Cumulative BET
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soils.

_Figure 5 (left). Cumulative "BET
surface areas (per gm of soil) versus age
of soil profiles in the Merced chrono-
sequence.
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Table 5. BET surface areas of soil and mineral components .
of the Merced chronosequence (m*gh)
Unit Post Modesto Riverbank Turlock China
Modesto Lake Hat
Age (kA) 3 40 250 600 3000
Profile PM14 MI12 R32 T6 CH2
Depth (cm) 33-99 32-66 152 100-155 90-130
Soil Horizon C A B B - B
Surface Areas of Soil Components
Untreated Soil 4.47 4.11 7.51 10.25 17.68
Extractable Fe 1.58 0.49 2.00 1.91 2.67
Clay (<4 um) 087 210 7.00 11.74 19.80
Silicates (>4 um) 1.52 1.32 1.81 1.92 5.18

Surface Areas of Mineral Separatesl

2

0.23 0.21 0.10

Quartz 0.11 0.17

Plagioclase 0.39 0.26 0.46 1.48 na
K-feldspar 0.12 0.26 0.94 0.81 na
Homblende na 0.34 0.72 0.67 na

'Fe removed by dithionite

2Analysis for 500 to 1000 um fraction except hornblende (500-250 um)
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areas contributed by primary silicates, clay, and Fe-oxyhydroxides, per gram of soil, are
plotted as functions of age in Figure 5 (White et al., 1995). Due to increasing clay contept
and ‘decreasing' abundance, the contribution of primary silicate fraction to the bulk soj
surface area decreases from 37% in the youngest soils to 18% in the oldest soils. The
preceding data indicate that although the surface areas of the primary silicate fractions are
critical in controlling weathering rates, their relative contribution to bulk soil surface area jg
generally minor.

Very limited information is available on the specific surface area of primary minera]
phases in soils. White et'al. (1995) documented that the specific surface area of plagioclage
grains increases with age from 0.4 m? g! in the 3 kA Post-Modesto to 1.5 m? g7 in the 60¢
kA Turlock Lake soils-(Table 5). K-feldspar and hornblende exhibit more erratic byt
significant increases in surface area over the same period (Fig. 6A). In the oldest China Hat
soil only residual quartz was abundant enough for BET measurements. This quartz surface
area was comparable to quartz in the younger soils (0.1-0.2 m* g') suggesting significant’
resistance to chemical weathering in this environment.

Surface area and particle size

Equation (12) predicts that the external surface area is proportional to the geometric
surface area. Therefore a plot of log S versus log D should produce an inverse relationship
with a slope of -1 as documented (White and Peterson, 1990) for clays, oxides and freshly
crushed silicates (Fig. 7). The paralleloffset in the data relative to the geometric surface area
s is equal to the average surface roughness (A = 7) which was independent of particle size,
In reviewing surface area for crushed quartz and natural well-rounded quartz grains, Parks
(1990) also found surface roughnesses (A = 2.2 and 6.2, respectively) that were independent
of grain size. In reviewing BET surface area data for crushed feldspar samples employed in
dissolution studies Blum (1994) determined a corresponding roughness factors of 9+6. BET
surface areas of relatively unweathered minerals are therefore generally proportional to their
particle diameter based-on an assumed spherical geometry. Likewise the deviation in the
magnitude of measured and geometric surface areas over large. ranges in particle diameter
are relatively constant (A = 2 to10). '

\

Surface Areas of Weathered Silicates

BET surface areas of the primary silicate fraction weathered in soils is significantly
larger than for the corresponding freshly crushed and unweathered minerals. White and
Peterson (1990) reported surface roughnesses of A = 50 to 200 for the sand size primary
silicate fractions of several soils development on granitic bedrock. Anbeek (1992) reported
roughness factors of A = 130 to 2600 for silicates from glacial deposits in Switzerland. BET
* surface area data versus silicate particle size (feldspar + quartz) from 5 soils from the Merced
chronosequence are plotted in Figure 8. Aggregated clay particles and Fe-oxyhyroxide
coating were removed by pre-treatment. For any size fraction, the BET surface areas of the
silicate minerals are much larger (A = 100 to 1000) than the corresponding spherical
geometric surface area (dashed line, Fig. 8). The weathered surface areas are also
significantly larger (A = 10 to 100) than BET surface areas of similar size fractions of freshly
crushed silicates commonly used in experimental dissolution studies. The surface areas of
particles of the same diameter in the Merced soils also generally increase with soil age.

The surface areas for weathered grains have a log slope less than -1 and are clearly non-
linear relative to particle size (Fig. 8). The difference between the measured BET surface
area and the equivalent geometric surface area decreases with decreasing grain size
indicating that the apparent surface roughness also decreases with size. Anbeek:et al. (1994)
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Figure 9. Relationship between surface roughness A and grain diameter for the bulk silicate fraction (A)

and individual minerals (B) from glacial deposits from Switzerland (from Anbeek et al., 1994).

also investigated the relationship between surface roughness and particle sizes for weathered

silicates from glacial deposits. As shown in Figure 9 surface roughness for both the bulk

samples and individual mineral fractions decrease linearly with particle diameter. Decreases

in surface roughness for naturally weathered silicates contrasts with the apparent constant

roughness factors for unweathered silicates and oxides as summarized by Parks (1990) and
. White and Peterson (1990) (Fig. 7).

Surface roughness of weathered silicate grains in soils is related to microscopic
morphologic features on grain surfaces not considered in geometric estimates. Pervasive
etching and pitting during weathering of primary minerals in soils have been previously
observed for pyroxenes and amphiboles (Berner et al., 1980; Velbel, 1989; Cremeens, 1992)
feldspars (Berner and Holdren, 1979; Cremeens, 1992; Brantley et al., 1993) and quartz
(Brantley et al., 1993). These studies conclude that roughening is due principally to etch pit
formation resulting from preferential dissolution from reactive sites with high surface
energies at dislocation, defect sites and exsolution lamellae. Several models have been

proposed to quantitatively relate surface energies of such sites to the density and morphology "

of etch pits and dissolution rates (Lasaga; Blum and Stillings; Brantley; this volume).

Grain roughness and pitting have generally been found to increase with soil age. For
example, SEM photographs of plagioclase surfaces from the Merced soils (Fig. 10) clearly
show more extensive pitting in the 250 kA Riverbank soil relative to the 10 kA Modesto soil.
However some grains of the same age and mineralogy were found have nearly pristine

surfaces while others were highly weathered. Anisotropic dissolution of different

crystallographic faces is commonly observed, and may explain a portion of this variation.
This is seen in the 10 k A plagioclase from the Modesto Formation (Fig. 10A) in which the
left facing surfaces are much more deeply pitted, and the 250 kA K-feldspar grain (Fig. 10C)
in which the (001) cleavage faces (horizontal in the micrograph) are less pitted than surfaces
with other orientations. However, heterogeneity is also observed on faces with a nearly
constant orientation. This may reflect variations in the composition and/or defect structures
of the mineral grains, or large variations in the chemical conditions of weathering
micro-environments within the soil. )

Efforts have been made to develop quantitative relationships between the extent and
morphology of pitting and soil weathering environments using scanning electron and
petrographic microscope techniques (Hall and Martin, 1986; Locke, 1986; Cremeens et al.,
1992; Hall and Horn, 1993). An example of the relationship between etch pit depth and age

of hornblende erains contained in a soil chronoseauence develooed on glacial moraines in
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the Tobacco Root Mountain Range of Montana is shown in Figure 6B (Hall and Martiy
1986 ). The parent rock types are Precambrian metamorphic rocks and Cretaceous granifes
As indicated, the depth of surface pitting of hornblende both increases with soil depth a.nci
age. This increase in etch pitting for minerals in the Tobacco Root chronosequence can be
qualitatively compared to the increase in surface areas of the primary silicate. fraction in the
Merced chronosequence for comparable soil ages. This comparison suggests the importance
of surface morphology in controlling BET surface areas. However a quantitative relationship _
between the degree of surface pitting and the surface roughness is not necessarily clear. For
example, Anbeek et al. (1994) concluded that surface roughness attributed to etch pits on
naturally weathered feldspar surfaces contributed only a fraction of the total measureq
surface areas.

Internal poresity

Several studies (Wood et al., 1990; Anbeek et al., 1994; and White et al., 1995) have
concluded that weathered silicate minerals exhibit significant internal porosity which may
be a major contributor to total mineral surface areas. SEM photomicrographs of
cross-sectioned mineral grains show internal porosity, even in the youngest soils. However,
as shown for examples of plagioclase from the Merced soils, the internal porosity is greater
in the 250 kA Riverbank soil relative to the 10 kA Modesto soil. Morphologies range from
small isolated equal-dimensional pits (Fig. 10B) to elongated and interconnected pores and
cracks (Fig. 10 D). In general, pore diameters increase with soil age even though the absolute
number of pores does not change appreciably. In the more highly-weathered grains, the pores
enlarge and coalesce, finally forming very open internal structures (Fig. 10D). Pores are
generally equally distributed from the rim to the core of grains, and do not form any
weathering rim. In general the density of macropores increased in the order hornblende >
plagioclase > K-feldspar > quartz which is in general agreement with the weatherability of
silicate minerals (Goldich, 1938) and roughness factors calculated by Anbeek et al. (1994).

The distribution of macropores appears to be related to the internal distribution of
defects. The density of internal pores counted in a typical cross-section photo of a weathered
plagioclase from the Riverbank soil (250 kA) was found to be 500 pores per 5000 jim?,
which is a density of 107 cm* (White et al., 1995). This pore density is in the range of
dislocation densities observed in feldspars from undeformed igneous rocks (Willaime et al,,

© 1979). A surprising amount of porosity generated by these defects may be present within
mineral grains before the onset of any soil weathering process. Porosities of up to 4%
observed in unweathered plagioclase and K-feldspar have been attributed to exsolution of
magmatic water and hydrothermal alternation within plutons (Montgomery and Brace, 1975;
Worden et al., 1990). SEM photos produced by these studies show both tubular and
equivalent micro-cavities that closely resemble pores permeating the weathered Merced
feldspars (Fig. 10). .

Calculation of combined surface roughness and internal porosity

For porous media with internal porosity accessible to the mineral surface, the total
measured surface area Scan be refined from Equation (12) (White et al., 1995),

s=—p%k+si o ' S (14)

~ where S; (m?/g) is the portion of the surface area associated internal porosity that is
physically connected to the surface. : ‘
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The total surface area S of very small
Table 6. External roughness A and internal  particles will be dominated by the external
surface area S; (m¥g) for the primary silicate ~ surface area which is high relative to the
fraction of the Merced soils' total particle mass. Equation (14) then
—_ : becomes equivalent to Equation (12) (S =

Sol A A* S; S* 6A/pD) and the slope approaches log S/log
Age . D = -1 for constant A and p (Fig. 7). The

3 2 1 069 132 to'tal surface areas _of very large Qamcles

: will depend principally on the internal

40 42 36 032 051 surface area (S = §;) which is attributed to
the porosity evident in SEM micrographs

250 8 90 105 1.78 (Fig. 10). If porosityis evenly distributed
600 200 310 074 132 Fhroughout _the’ grau}s S, will be

: independent of grain size and the slope
3000 130 620 0.99 5.81 gpproaches lgg S/lgg D = 0. For
'A'and S; are calculated parameters excluding intermediate size pal:tldes’ a dependence
the quartz fraction (Eqn.15). on both external and internal surface areas

will predlct a non-linear decrease in S with
increasing D. Such a condition is evident
“for the relationship between primary mineral surface areas and particle diameters for the
'Merced soils which produces non-linear slopes between -1 and 0 (Fig. 8).

External roughness A and internal surface area S; can be determined by empirically
. fitting Equation (14) to observed surface area -grain size distributions such as plotted in
Figure 8 (White et al., 1995). As shown in Table 6, roughness factors A for the Merced soils
were found to increase consistently with age from A = 21 in the 3 kA Post Modesto soil to
4 =200 in the 600 kA Turlock Lake soil. The higher proportion of quartz in the China Hat
‘soil explains the corresponding decrease in apparent surface roughness (A = 130). Quartz
BET surface areas are significantly lower than for other minerals and exhibit essentially no
increase with soil age (Table 5).

Changes in surface roughnesses of the aluminosilicate fraction A* (plagioclase +
* K-feldspar + hornblende + biotite) were estimated by correcting for dilution by quartz A,
(White et al., 1995) :

A=A . ' ’
A-o qtz qlz w . ( 1 5)
x] w .

X4 and x;,, are the mass fractxons of quartz and aluminosilicates in the soil. Resulting values
for A* show a consistent increase in surface roughness with soil age from A = 11 for the 3
kA Post Modesto soil to A = 620 for the China Hat soil (Table 6) Surface roughnesses A* of
the youngest Merced soils approach values of A = 5 to 10 reported for freshly crushed
silicates (White and Peterson, 1990; Blum, 1994). As shown in Figure (11), the divergence
between A* (open circles) and A (closed circles) becomes more pronounced for the older
soils as x,, increases. Surface roughness A*of the residual aluminosilicate fraction in the
oldest China Hat soils exceeds the range reported previously for weathered feldspar and
granitic surfaces (White and Peterson, 1990; Anbeek, 1992) (A = 50 to 500). The fitted
roughness factors are assumed to be independent of grain size and can therefore be compared
to roughness factors determined independently for individual minerals (Fig. 6A). As
predicted, both A and A* are bracketed by A values for plagioclase and quartz which exhibit
respectively the largest and smallest increases in surface roughness with time.

Unlike external surface areas, internal surface areas reflecting grain porosity exhibit
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only a weak correlation with soil age (S; = 0.69 to 0.99 m? /g, Table 6). Corrected S ;" val
for the primary aluminosilicate fraction were calculated by an equation analogou:
Equation (15) assuming that the quartz component has negligible internal porosity. E
with this correction, variability in S;" is much less than in A* (Table 6) suggesting small
changes in internal relative to external surface area during weathering. SEM photo
sectioned soil grains (Fig. 10) document that porosity increases with soil age and extent:
weathering However a correlation between porosity increases and greater internal surfa
area is not straight forward. An increase in internal surface area results if pore diaméte;
increase or if the walls of ex1stmg pores roughen. However, if weathering cause
coalescence of many small potes into fewer large pores, the resulting internal surface
could decrease. By definition, internal surface area is that component which is independent
of particle volume and-includes only that internal surface area that is homogeneous]

distributed throughout a mineral grain. Preferential pore development, enlargement of
roughing near gram surfaces would therefore be assigned to stirface-dependent roughnes

In summary, weathering rates are directly correlated with the density of reactive sne
on the mineral surface which are exposed to aqueous solution. This reactive surface area
assumed to scale with physical surface area which is measurable by either macroscopic 6
microscopic means. For naturally weathered soil silicates, the surface roughness factor A, as
defined by the ratio of the BET to geometric surface area, varies between A = 102 to 10, Thi
roughness is atfributed both to external surface morphology, which dominates in small gram
sizes, and to internal porosity, which is dominant in Jarger grain sizes.

MINERAL DISSOLUTION RATES BASED ON PRIMARY SILICATE LOSSES

Up to this pomt in the discussion, the rates of chemical weathering have been defined
in terms of changes in elemental or mineral ratios (Eqns. 3 and 5) or in terms of mass’
normalized with respect to a unit surface area: of soil (Eqns. 8 and 9). A more rigorous
approach is to quantify weathering with respect to rate constants for individual mineral
phases normalized to their specific surface areas. This approach has much more generél
applicability because soil weathering can then be described by the sum of the rates of the
individual minerals present. Equatlon (1) can be rearranged to define the dissolution rate of
a pnrnary mineral phase j in a soil in terms of the reaction rate constant k (mol cm? ). The

- | ST
(A)S | (16)
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1low1ng sections discuss several approaches which can be used to calculated weathering
constants for minerals in soil environments based on observed losses of primary silicates
g soil formation.

pling mineral surface area and dissolution rates
~ As demonstrated by Lasaga (1984), the simplest approach to relating dissolution rates

hanges in surface area is through a simple geometric model. For a spherical mineral grain
o surface roughness, the dissolution rate becomes

ke . S an

r& #° is the initial particle radius and r is the decreased radius caused by dissolution over
At. V; is the molar volume of mineral phase j. The mean lifetime of a weathering
icle can be defined as the time Af required to reduce 7 to zero. Based on experimental
olution rate data (Lasaga, 1984; Lasaga et al., 1994) estimated mean lifetimes of 1 mm
icles to range from 7.9 -10! years for wollastonite to 3.4-107 years for quartz.
For natural silicates contained in soils, a range of particle sizes and shapes of a given
eral are actually involved in the. weathering process. Sverdrup and Warfvinge (1988), in
¢loping a weathering model for soils in the Gérdsjon watershed (Sverdrup, this volume),
mated the total geometric surface area s as the sum of the surface areas of grains in
vidual size fractions ¢ defined by particle diameter D’

n o ' ‘ :
s = M I (18)
pe a1 D?

re & is the average particle sphericity (a=1 for perfect sphere; o = 0.85 to -0.90 for
icles with cubic shapes) and f is the fraction of total mass M of particle size ¢.

Sverdup and Warfvinge(1988) assumed the exposed phys1cal surface area S, of a
eral phase in a unit volume of soil to be,

'sl[f P, z) . - : 19
R :

w

re f,, is the weight fraction of the mineral relative to the total soil and py/p,, is the density .
of the mineral to the soil. The surface roughness A was estimated from the ratio of the
and geometric surface areas of freshly crushed particles. The weathering rate constant
as then be calculated based on mass differences between bedrock and soil using quartz
conservative component and a mineral surface area calculated by Equation (19)

- x tz,w _ i | . o y
k= p, [xq %o xj.W) (m) , (20)

qtzp

e the terms in brackets are equivalent to the mass balance ratio in Equation (3). The
rall equa‘uon is comparable to Equation (16) which originally defined the weathering rate
stant in terms of relative concentrations of weatherable and non-weatherable soil
ponents. Sverdup and Warfvinge (1988) used Equations (18-20) to estimate soil surface
as and weathering rate constants for microcline, plagioclase and homblende in soils in the
dsjon watershed (Table 7).
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10 kA Merced Soil. A [ 40 kA Merced Soil B
«——~Measured Grain Size Distribution

«« Calculated Inital Size Distribution 4 . L .- ]
---Corrected Intial Size Distribution

0 500 555 500 0 5601000 1500
Particle Size (um) Particle Size (um)

12. Measured .grain size distributions of representative samples.of the Merced soil¥ (solid lines)
calculated parent size distributions with (ddshed line) and without corrections (dotted lmes) for bimodal
ibution of fines. Percemages are increases in parent relative to present masses.

ractive approaches

The above approaches have significant limitations in calculating mineral weathering
s in soils based on mass balances. Although the simple geometric model (Lasaga, 1984)
siders the effects of variations in particle mass and size as a function of dissolution, the
el did not consider particle size distributions nor the surface roughness of natural mineral
ns. The model of Sverdup and Warfvinge (1988) considers grain size distributions but
es not consider how particle sizes and surface areas change as a function of mass and
lume loss during dissolution. A more inclusive approach to calculating mineral weathering
s in soils is to consider a dynamic model in which a population of grain sizes are
sidered and for which there is interactive feedback between changes in particle size,
ace area, roughness and mass transfer rates (White et al., 1995). '

. Such a model requires that the initial grain size distribution * be known. In soils, such
aprolites, this distribution can be estimated by the mineral size distributions in the parent
. Under such conditions the surface area and rate constant can be related to changes in
n size distributions in the soil (i e. 7°- 7, Eqn. 17). For soils developed on sedimentary
osits, the calculation of changing particle diameter with time requlres an inverse solution
hich the final rather than the initial grain size distribution is known. As discussed by
ite et al.(1995) this distribution can be reconstructed by incrementally adding mass back
e present grain-size distribution until the original mass is achieved (M = 1).

Examples of both present day grain sizes (solid lines) and reconstructed parent grain
s (dotted lines) for 10 kA and 40 kA Merced soils are shown in Figure 12. Initial
ulations of grain size changes with time used complete size distributions measured in the
sent day soil profiles. Results for the youngest soil showed a relatively symmetric
ease in the population of grain sizes from the present distribution for  (Fig. 124, solid
ine) to that of the initial parent material 7 (Fig. 12A, dotted lines). However the blmodal
istribution of measured grain sizes in the 40 kA Merced soil is greatly accentuated in the
culated parent grain sizes (Flg 12B) Most of the reconstituted mass was preferentially
tcorporated into very small grain sizes (< 100 um) due to their laree surface area to mass
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. réﬁos-. Such pronounced bimodal distributions in the parent material are almost Cértai_nl

-artifacts of the calculation.

The above results point out the importance of grain size on the relative weathering 13
and stability of minerals in soils. Due to their large surface area to mass ratios, small ;
grains of feldspars and other reactive minerals should be rapidly weathered and will
persist in soil environments. In actuality, the small grains in the bimodal size distributio
now present in the 40 kA Modesto soil (Fig. 12B) are probably composed of residual quar¢;
grains and fragments of larger feldspar and homblende grains decomposed by weatkierin.
In additional calculations performed by White et al. (1995), the small grain size fractior
were arbitrarily eliminated by smoothing the measured grain-size distributions. The resulﬁﬁg
reconstituted size distribution for the parent material (Fig. 12, dashed line) is no longe
bimodal and is centered in the sand size fractions which are more representativeg
weathering processes in granitic terrains. -

- Calculation of dissolution rates

An interactive dissolution rate model was developed for the Merced soil data (Whj
et al., 1995) that calculates the reaction rate constant &, (Eqn. 16) based on changes
specific mineral abundance (Fig. 2B), surface roughness (Fig. 11) and changes in partic
sizes with time (Fig. 12). A forward approach was employed in which dissolution of ¢ac
grain size in a sample was sequentially calculated over a number of time steps » from the ag
of initial deposition to the present. At each time step, the mineral surface area in each siz
fraction was calculated from the nominal spherical diameter, the appropriate surface are
function (A = 1 or A = variable), and the mass of mineral in the size fraction. The mass o
mineral dissolved in each size fraction during the time step is calculated from the surfac
area of the size fraction and the dissolution rate. The mass dissolved was then subtrac
from the mass of the size fracfion, and new nominal diameters for the grains within each si
fraction were calculated at the end of the time step. The new diameter was used to calcult
the surface area for the next time step, and the process is repeated. Thus, the mass remainin:
in each size fractiori M?, , can be calculated as (White et al., 1995)

~

PR VLI S UPL |
My = My =3 Mg, 0 S kD : Q1.
t= e

M?¥,, is the initial mass in the size fraction ¢, @,, is the molecular weight of the mineral, and:-
Sand M,;,, are the specific surface area and mass of the mineral remaining for size fraction -
¢ at time At. The proportion of a mineral remaining in a soil profile today R, is equal to th
sum of the mass remaining in each size fraction ¢ divided by the initial mass of the sample

R,= . | . @

Note that R, is the same term initially defined in Equation (3) but is recast in term of absolute :
mineral mass rather than concentrations relative to total soil mass. R, is also used to define *
actual variations in mineral masses as a function of time as previously shown for the Mercé
chronosequence data (Fig. 2B). As written, the forward dissolution model (Eqn. 22) requires
a specified dissolution rate k; to calculate the proportion of mineral masses remaining in th
soil as a furiction of age. In weathering studies, these proportions are known' and th
dissolution rate constants need to be calculated. This problem was solved by finding th
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olution rate that yields the closest approximation to the measured mass losses described
; (Fig. 2B). Exact solutions of k; for specific mineral distributions in soils of a given age
1e Merced chronosequence were obtained (White et al., 1995). An overall average
olution rate for each mineral was also determined for the entire chronosequence by
nimizing the sum of the squares of the residuals between the predicted and observed
eral abundances. Each soil profile has a different grain-size distribution, which results
different surface area and a different rate of mass loss. Therefore, this model does not
¢ld a continuous function for mass loss that can be directly interpolated between samples,
ather yields discrete predictions for each individual sample that can be compared with
ield observations. -

s constants calculated from geometric and BET surface area estimates

Geometric and BET surface area measurements are the most commonly used
oaches in defining surface areas in weathering rate calculations for natural systems
ite and Peterson, 1990). These two scenarios were investigated by White et al. (1995)
lation to.surface area effects on weathering rates in the Merced soils. In the first case,
netric surface areas of mineral grains in the model were varied directly with changes in
cle diameters and grain-size distributions with time. This approach assumed that the
ace roughness was equal to unity (A=1) and the grains have no internal porosity (S=0)
Eqn. 14). In the second case the BET surface area was interpreted in terms of both an
rnal surface area, which was assumed constant with time, and an external surface area,
h was defined in terms of a roughness factor A that varied with time (Fig. 11)..

Resulting individual dissolution rate constants of plagioclase, K-feldspar and
blende from the geometric.and variable surface roughness models are plotted in Figure
The geometric model produces average dissolution rates that are 10? to 10* orders of
agnitude faster than the variable-roughness model. The magnitude of this difference is to
st approximation proportional to the difference between the measured BET and the
ietrically-estimated surface areas (Fig. 8). The difference in rates is also dependent on
age. Based on geometric surface areas, rate constants exhibited no consistent variability
th age. In contrast, the variable roughness model predicted that individual dissolution rates
ease by more than an order of magnitude with increasing soil age.

An example of the optimization fit of average dissolution rate constants to mineral .
tributions in the Merced A horizons is shown in Figure 2. These fits (dashed lines) are
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based on the variable roughness model for the mineral surfaces As indicated, the fit does
produce a single smooth function describing the mineral distributions due to differences iy
particle size distributions in individual soil profiles. Due to the decrease in k; with time,
single rate constant fitted to the entire chronosequence underestimated weathermg rates’
the younger soils and overestimate rates in the older soils. This effect is evident in Flgure
in which predicted mineral propomons (open symbols) are generally greater than obsetyi
proportions (closed symbols) in the younger soils and less than the observed mine
proportions in the older soils.

WEATHERING RATES BASED ON ETCH PIT FORMATION |

Changes in mineral surface morphology have been employed to dlrectly quantj;
mineral weathering rates in soils. As previously discussed, systematic increases in the exte
and depth of surface pitting have been observed during weathering of silicate minerals in s
environments (Fig. 6). MacInnis and Brantley (1993) and Brantley et al. (1993)
Brantley, present volume) have recently developed a pit size distribution model (PSD) whij
considers the population density of etch pits within a given grain size range durin
dissolution of a mineral phase. The PSD depends upon the number of pits per unit area;
(cm cm®) and the growth rate, G (cm s™) of individual pits. The rate of annihilation of pi
a (sV), is the rate of coalescence of two pits together, or if the pit stops deepenmg, the ra
at which the pit disappears as the flat surface of the crystal recedes.

Assuming the growth rate is time- and size-independent at constant temperature;
population balance on pits of diameter # (cm) can be written in order to derive the stead;
state pit size distribution equation. The following PSD equation results when drn/dt = (),
assuming that », is the density of etch pits at time 0 and t is the shear modulus

o {w)
R =R, exp( G‘r) 23):

For these assumpt{ohs a plot of In n against # will produce a 'sfl'aight line with slope -1/Gt
and intercept In n, (Fig. 14). The PSD model defines the characteristic llfetlme, T, as the
reciprocal of the annihilation rate.

A linear PSD plot In n vs. W results when there is a balance between nucleation and
annihilation of pits, and where there is size-and time-dependent growth rate of pits. At steady
state, PSD coefficients do not change with time; however, linear PSDs are also possible for
non-steady-state systems. On the other hand, where annihilation'or growth is size depende
the PSD will not be linear: for example, where coalescence preferentially removes
smallest pits, the PSD may become humped (Maclnnis and Brantley, 1993).

The contribution of etch pits to the.bulk dissolution rate depends upon the number;
density and the rate of dissolution of each pit. By integrating over the PSD, and assuming:
an average geometry for the pits, MacInnis and Brantley (1993) derived a simple expression..
for the etching rate of a mineral based upon PSD coefficients. For example, for pit:
geometries of right pyramids, the contribution of etch pits to the bulk dissolution rate equals .

o

R, =n, tanE'G(GT)i _ . - - S - (24)
: 4] - :

where 0 is the pit wall slope.
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Figure 14. Etch pit size distributions (number
of pits n with pit diameter W) for feldspar in
Fayatte soil, Illinois. Open circles are’ upper,
solid circles are middle, and triangles are lower
soil horizons (from Brantley et al., 1993).

N S
Etch pit diameter W (um)

rantley et al. (1993) analyzed etch pits on loess grains from a 12 kA ‘soil catena from
. For hornblende and potassium feldspar grains, etch pits had not grown to the extent
they had completely coalesced. Where pits have dramatically coalesced, quantification
e pit size distribution is impossible. Figure 14 slows arr example of a plot of etch pit
1 versus number of pits for feldspar from the Fayette soil. Although perfectly linear
s were not observed, (typically, distributions exhibited a lack of small pits and an
bundance of large pits), PSD coefficients cou]d be derived for the linear portion of the
| utlon curves. :

By assuming that t equals the total etching period (12 kA), Brantley et al. (1993)
lated weathenng rate constants of log &= -18.5 mol cm? 5™ for horblende grains and
<18.7 2 mol cm? 5! for K-feldspar. Rates estimated for hornblende were based on
istent crystallographically controlled etch pits, while rates estimated for potassium
par were based on irregularly shaped pits. Although little difference in etching rate is
ived between soil horizons, the highest etching rates occurred generally in the upper B
zon where the pH was lowest. Etching rates calculated for potassium feldspar were not
rved to vary with drainage, while those of hornblende decreased with decreasmg
age. Brantley et al. (1993) argued that decreasing drainage correlates with increasing
e concentration in soil poré waters and increased inhibition of dissolution for the
blende. Of course, decreased drainage also correlates with lower partial pressures of
en in soil waters, which affects hornblende more drastically than K-feldspar.

MINERAL DISSOLUTION-RATES BASED ON SOLUTE FLUXES

‘An alternate approach in determining weathiering rates of primary silicates in soils is.
d on solute fluxes in the soil profile. Conservation requires that the mass of primary
neral phases dissolved in the soil be balanced by the mass increase in secondary minerals
minus the loss of mass due to solute fluxes from the profile. The flux O, (mol cm? s™') for
ute species k through a unit area of a soil profile can be calculated by multiplying the
water chemical concentration ¢, (mol cm?) by the fluid flux density ¢ (cm.s™). Note that
s-equivalent to the rate of water movement through a unit surface area of the soil profile

Q, = qe, : ' 25)

“anumber of chemical species n distributed between different mineral phases m, the mass
ance relationship in the soil bécomes (Velbel, 1986)




*concentrations and soil water fluxes can be determined.
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. permit much greater flexibility in the number of aqueous species and primary and seconda
- minerals considered. BALANCE (Parkhurst et al., 1982) and NETPATH (Plummer et al

_._'Z?Q}.'Nj.’k =0, k=1luu.n
r

where Q; (mol cm™ s7) is the equivalent flux representmg dissolution or precipitatio
mineral phase j and N, is the stoichiometric ratio of species k in mineral phase ;.

The solution to the series of linear equations represented by Equation (26) permits ;
assignment of portions of solute chemistries and fluxes to a specific mineral phase. Solutmns
based on “balance sheet approaches” have been used by numerous workers studyin
chemical fluxes in watersheds (Paces, 1983; Siegal and Pfannkuch, 1984; Velbel, 1985). Use
of mass balance models which simultaneously solve the matrix of linear equations, however

1991) are two widely used codes which can be used to solve Equation (26).

" The reaction rate constant described by Equation (16) for a specific mineral phase j ¢
now be rewritten in terms of solute fluxes which are deﬁned by the product of fluid flux a
chemical concentrations (Eqn. 25).

M 1 Ly
k=(-1)— =9gR N, ¢
j (AI)SJ q ;g Jk

In Equation (27), ¢/ (mol cm™ is the concentration of species £ produced from weathering
of mineral phase j. The measured concentration in the soil solution ¢, in Equation (25)'is
related to ¢;' in Equation (27) such that

_ ot _ s a 7
Cp =, —cp t ck ) (2

where ¢ isthe concentratlon of species k incorporated lnto secondary mineral phases an
¢, is the concentration contributed from non—weathermg processes such as atmospheri¢
deposition. Equation (28) assumes that the fluid mass is constant and not effected by
processes such as evapo-transpiration.

The solute flux is defined in right side of Equation (27) in terms of q (cm s™!) which i§’
equal to the volume of water passing through a unit cross-section area of soil perpendicular
to the flow direction. In contrast the rate constant k; and the mass term M; are normalized
relative to a specific mineral surface area. The conversmn factor R, (cm? cm‘z) is defined as
the ratio of unit area of soil surface area S (cm?) divided by the total surface of S, (cm?) of
mineral phase j contained in the volume of soil. S, in turn, is dependent on the specific
mineral surface area S (cm2 gm"), the depth of the soil zone z the soil density p,, and the-
mass fraction of mineral j present in the soil f,. Therefore, for a unit surface area of 5011
surface (S=1 cm?) ~

Based on the preceding analysis (Eqns 25-29), the mineral weathering rate k; can be
calculated for a mineral phase if the primary and secondary- mineral composmons solute
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) So:l solutlon chemlstry

_including weathering, chemical equilibrium, ion exchange and nutrient transport. D

* (Huges et al., 1994). Accurate characterization of soil solution chemistry is dependent o

_.concentrations, indicating Significant chemical variability in soil solutions. Such dxfferences

. As described by Joffe (1933), “soil solutions &re the blood circulation of the soil bol
and as such are the mobile components controlhng, as well as reflecting many soil proces;

periods of active recha.rge such as precipitation and snow melt events, soil water can:'b
saturated and sampled using zero tension or free drainage lysimeters. More commonly, 5o
water is present in unsaturated conditions with capillary tension or matrix potemlal
preventing direct sampling under free flowing conditions. The most commonly-yseq:
techniques for sampling soil water under unsaturated conditions include laboratory-bage,
extraction using centnfugatlon and immiscible liquid displacement (Campbell et al., 1989
Norfleet et al, 1993) and in situ field techniques such as suction and porous cup sampl

extraction procedures which produce the minimal amount of physxcal disturbance to the; 80
column and the least 1mpact on complex geochemical conditions in the 5011 waters.

Chemical composmon data of unsaturated soil waters pertinent to silicate weathermg
studies are relatively limited. Selected mean average soil water chemistries cited in.the-
literature, in addition to unpublished data from the Merced, Rio Icacos, and Panola sites, ar
presented in Table 8. Also included in Table 8 are locations, soil types and sampling
methodologies. Mean average soil pHs generally range from neutral to acidic (7.5 to 3.9);
In situ pHs are presumable more acidic due to the loss of CO, and possible degradation: of:
organic acids during samphng under atmospheric or sub-atmospheric (suction) conditions,
Concentrations of major cations range from several tens to hundreds of pmoles, SiO, ranges'
from hundreds to a thousand pumoles and Al ranges from below detectlon limits to tens o
pmoles.

The standard dev1at10ns listed in Table 8 approach the mean average chemi

are in part attributed to spatial variability which influences the hydrological flow path. -
Heterogeneity in soils is caused by macropores, duripans and lateral flow associated with hill
slope processes. Short term temporal variability stems from periods of active recharge during -
precipitation and snow melt, which dilutes the soil solution, followed by periods of evapo
transpiration, which tend to concentrate soil solutions.

Longer term chemical variability in soil solutions generally reflects the intensity of soﬂr
weathermg and the mineral compositions in the soil profile. Solute concentrations oftél
increase with increasing depth in soil profiles, reflecting longer fluid residence times an
greater inputs from the weathering of silicate minerals. The effect of soil age on weathering .
inputs is demonstrated by the bivalent/monovalent chemical ratios in soil solutions of various -
soil profiles in the Merced chronosequence. As shown in Figure 15, the Ca/Na ratios clearly -
decrease from approximately 4 in the youngest Modesto soils to less than 0.3 in the oldest -
China Hat soils. This decrease corresponds to a decrease in the more weatherable plagioclase
and hornblende minerals which contain abundant bivalent cations relative to alkali feldspar; -
which dominants weathering reactions in the older soils. In this case, the evolution of the
soil solution chemistry clearly corresponds to the weathering sequence of the minerals in thei
soils. \

Comparison of soil solution and watershed chemistry
Most watershed studies, which have estimated soil weathenng rates, assume that

surface discharge chemistry reflects the soil water chemistry. However few studies have
attempted to make direct chemical comparisons or to address where in the soil proﬁle:"
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# Modesto 10-40Ka
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8]

Figure 15.Ca-Na ratios in
soil solutions of different ages
in the Merced chronosequence.
Diagonal lines are regression
fits to data.
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‘A wéathenng actually occurs. The average soil solute SiO,, Ca and Na concentrations reported
“in Table 8 are’ compared to mean annual surface water discharge concentrations f,

 Equilibrium controls on soil solution chémisti’y

correspondlng watersheds in Figure 16. The one-to-one solid diagonal lines represent ‘the
situation in which the mean soil solution chemistry is directly reflected in the average S’trea:n
chemistry. As indicated this assumptxon appears valid for several of the watersheds.

However significant discrepancies between soil and surface chemistries are g
apparent. For example, SiO, and cation concentrations in Panola watershed are genere/lli
lower in the surface water relative to that in the soil water (Fig. 16). This d1screpancy
related to-significant surface runoff from exposed bedrock in the watershed. Rapid surfac
runoff, reflecting low dissolved solids, dilutes the surface water discharge relative to'th
more concentrated weathering 1nput from soil waters. In contrast, average surface discharg
water in Rio Icacos watershed is more concentrated than the soil water chemistry. -
indicated by the previous discussion of mass balances, weatherable minerals are almog
totally depleted in the Rio Icacos saprolite (Fig. 1). Most weathering of granitic mmeralogy
occurs at a narrow interface between the bedrock and soil zone. Weathering of this interfac;
therefore contributes to higher silica and cation concentrations in the surface water discharg
relative to weathering in the overlying sapolite.

The precipitation of secondary minerals, most commonly clays and Al and .F
hydroxides and oxides, is expected to strongly influence the weathering signature contained-
in soil solutions and to impact mass balance calculations (Eqns 27- 28). For example, SiO, -
is the major chemical species most directly related to weathering reactions. Silica is nf
contributed from atmospheric precipitation nor is aqueous SiO, extensively modified by so
ion exchange processes and biological uptake. However SiO, concentrations are strongl
affected by. precipitation of clay minerals. Kaolinite is the most commonly repo
weathering product of silicate rocks in soils. The weathering reaction for plagioclase can
represented as

[NBAISHO,Jusee 1.5 H,0 + CO, = 0.5[ALSIO04(OH) e + Na” + HCO5 + 2H,810;

The stoichiometry of the above reaction requires the aqueous release of two moles of"
Si0, for every mole incorporated with Al in the solid phases. If gibbsite forms in the soil, -
3 moles of Si0O, will be released and if smectites forms, less than 2 moles of silica will b
mobilized. The actual silica concentrations in soil solutions depend strongly on equlhbrlum i
with secondary mineral phases.

One common approach to determine mmeraloglcal controls on solution chem1stry is
the use of activity diagrams (Garrels and Christ, 1965) The above reaction can be:
characterized by plotting the aqueous activity of H,SiO, in the soil solution versus the ratio
of Na"/H". Activity diagrams for the systems Na,0-Al,0;- SIOZ-HZO in addition to systems
K,0-AlL0,-Si0,-H,0 and CaO-A1203 Si0,-H,0 are shown in Figure 17. The soil solution
data from the references tabulated in Table § are plotted based on the assumption that
activities are comparable to chemical concentrations. In terms of SiO, phases, soil solutions
appear generally unaffected by quartz solubility i.e., chemical concentrations (activities) plot '
both above and below quartz solubility (Fig. 17, left hand vertical dashed line). In contrast, .
maximum aqueous SiO, concentrations in soil waters appear to-be limited by the
precxpltatlon of amorphous silica (Fig. 17, right-hand vertical dashed line)- which commonly
is associated with the formation of duripans and fragipans in soils (Karathanasis, 1989).-

Most of the soil solution data fall within the kaolinite .stability field (F 1g 17);a
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situation previously observed for activity diagrams developed for other soil solution studies
(Manley et al., 1987 ; Katz, 1989). Kaolinite is also the most common clay mineral forming
in associatiori with common silicate rocks such as granite. The diagrams indicate, however,
that some soil solutions are undersaturated with kaolinite. Such a situation is evident in the.
Rio Icacos soils where kaolinite is actively undergoing dissolution in the upper horizons of
the soil profile. Soil waters with high solute concentrations cross over into the Na and Ca .
smectite stability fields (Fig. 17) suggesting that smectite formation also occurs in some:
soils. High Ca?"/H*? ratios in some soils also indicate that soil solutions saturate with calcite -
which is supported by the presence of calciche formation. The activity diagrams also suggest.-
the some soil solutions are approaching saturation with respect to primary silicate minerals

such as K-feldspar. ‘ : . :

The stability of both secondary and primary mineral phases can also be predicted
directly from solubility calculations. The mineral solubility product is defined as X and the
_corresponding aqueous ionic activity product is defined as I4P. Based on strict:
thermodynamic interpretation, when IAP/K = 1 the free energy of'reaction is zero AG, = 0
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are 19. Jonic activity products and reaction free energies calculated for individual minerals based on
‘solution chemistries cited-in Table 8. Calculations assume that Al concentrations are controlled by
ite saturation at measured pH. Symbols as in Figure 18. :

the mineral phase is in equilibrium with the soil solution. When I4AP/K < 1, then AG. <
and the mineral will dissolve. When I4AP/K > 1, then AG, > 0 and the mineral will
ipitate. Under ambient soil solution conditions, the above thermodynamic interpretation
trongly modified by kinetic restraints on the reactions as will discussed in a following
10n. ’ .

. Saturation states for soil waters (Table 8) were determined using the SOLMINEQ 88
mical speciation code (Kharaka et al., 1988). Minerals included in the calculations were
site and kaolinite, secondary phases which commonly precipitate from soil solutions,
d-albite and K-feldspar, phases that commonly dissolve. I4P/K values based on total Al
alysis indicate very wide ranges in solution saturation for the mineral phases (Fig. 18). At
PH, the solutions are generally unsaturated (below the dashed saturation line) and at near
tral pH, the solutions are over saturated (above the dashed saturation line). The maximum
ulated /4P values suggest that the soil solutions at near neutral pH exceed gibbsite
turation by 5 orders of magnitude and kaolinite by 15 orders of magnitude.

The plot of pH versus I4P/K for the soil solution data approximate a slope of 1 to 3
diagonal lines; Fig. 18) even in supersaturated solutions. This slope is proportional to a
d@rrect dependence of J4P on H* activity if the Al concentration is approximately constant
independent of pH. Precipitation of gibbsite or kaolinite is not reflected in this consistent
.even though these minerals commonly occur as secondary weathering products in soils.
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Thls d1screpancy results from difficulties in the measurement of Al at low concentratlons
‘particilarly at near-neutral pH. Dissolved Al in such pore waters are present in a numbej ¢
forms including inorganic, organic and polymeric species (Huges et al., 1994)
Complexation, coupled with common problems associated with sampling, ﬁltratlon an
analysis, often result in significant over-estimation of Al concentrations equilibrated wnh Al
. containing minerals (Hem, 1985).

One approach to correct for analytical measurements and speciation of Al
thermodynamic calculations is to assume that Al is controlled by saturation with a simp}
Al(OH), phase such as gibbsite (Wesolowshi, 1992). This approach is supported by detaﬁed
analyses of Al in soil waters which suggest that monomeric inorganic Al concentrations a
near-neutral pH is- controlled by amorphous or microcrystalline gibbsite saturatiof;
(Karathanasis, 1989; Norfleet et al., 1993). Using this approach the I4P values for gibbsite, -
kaolinite, albite and K-feldspar were recalculated by assuming that the maximum 4P
Al(OH), is limited by gibbsite saturation at any given pH. This was achieved in-
SOLMINEQ.88 program by back-titrating excess Al from the analysis until gibbsite
saturation was achieved. These results (Fig. 19) indicate that the increase in JAP becoi
truncated at gibbsite saturation at pHs above approximately 4.5. These limiting values ¢
Al concentrations produce more realistic results in terms of saturation with respect to thy
other mineral phases. .

Role of solute chemistry and reaction affinity

From elementary thermodynamics, the free energy of the weathenng reaction can be-i
deﬁned as

AG,=RT(loglAP~logK). . , (0

Transition state théory (IS’I‘) can be used to relate the kinetic rate k;to this reaction affinit;
(Lasaga, 1981) (Also see this volume),

3 k| 1-e; (n'A
= - ~eX
{ e P Rr

G')] - al

where 7 is the reaction order. In Equation (31), k; is defined as the net reaction rate between -
precipitation and dissolution reactions at the mlneral surface. For dissolution reactions
values of AG; and k; are negative and for precipitation reactions 4G, and £; are positive. A
AG = 0 the rates of dissolution and precipitation are equal. Equation (31) predicts that fa
from thermodynamic equilibrium, the dissolution or precipitation rate will be independ:
of AG, and equal to a constant rate (k; = k, ),whereas at progressively closer to equilibriurm
AG. w111 exert an increasingly stronger effect on the overall reaction rate (k; < k,). IAP/.
values reported in Figure 19 suggest that kaolinite precipitates out of solutlon at relatively
constant supersaturation approximately 100 times above K. This 4P cotresponds to an
average AG, value of approximately 3 kcal. The effect of increasing supersaturation on thé*
increasing rates of kaolinite precipitation was been investigated experimentally at elevated_ g
temperatures (80°C) (Nagy et al., 1991; Nagy et al., 1993) (also see Nagy, this volume).:
Assuming comparable relationships between AG, and rates at lower temperature, these
studies suggest that kaolinite may be precipitating out of soil solutions at 51gn1ﬁcantly more:
rapid rate than if the solutions were less saturated.

The extent of solution supersaturation and therefore the rate of precipitation of kaolinite
from soil solutions is controlled in large measure by the rates of Al and SiO, release from-
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sthering of primary silicates such as albite and K-feldspar. Based on strictly
‘modynamic considerations (Eq. 30), these phases should not dissolve in solutions that
d their saturation state. This conclusion may be tempered somewhat for soil solutions
netic restraints which prevent reprecipitation of these phases from solutions which
me supersaturated due to concentration by evapo-transpiration and other processes. As
ated however, soil waters generally remain undersaturated with respect to albite over
ntire soil water pH range and saturate with respect to K-feldspar only near neutral pH.
In summary soil- solutions reflect both input from weathering processes and may
nfluence weathenng rates by controlling both precipitation of secondary minerals and the

Hes of primary mineral dissolution.

The determination of the soil water flux density q is required in order to calculate
fal weathering rates based on soil water chemistry (Eqns. 25 and 26). A general review
saturated zone hydrology is beyond the scope of this paper and the reader is referred to
on the subject such as Hille] (1982). Briefly the flux density per unit area of soil S, can
fined by the Richards equation (Richards, 1931)

-K,VH o (32)

ere K, is the unsaturated hydraulic conductivity and VH is the hydraulic gradient.
uation (32) is equivalent-to Darcy’s law with the complication that X,, is dependent on
e of saturation or moisture content of the soil (m = volume water/volume soil).

- When the soil is saturated, all of the pores are water filled, so that continuity and hence
iductivity are maximal. When the soil desaturates, some of the pores become air filled and
conductive portion of the soil cross sectional area decreases correspondingly. The first
to empty are the largest ones which are the most conductive thus leaving water to flow
y in the smaller pores increasing tortuosity. For these reasons, the transition from
urated to unsaturated flow in soils generally entails a steep drop in hydraulic conductivity.
xample of the cffect of mmsture content on the hydrauhc conductlvxty K, for a silty

Z- = &8 4 P ' . (33)

is the gravitational head at any point and 4, is the head related to the matrix potential or
uction due to the capillary affinity of water of the soil mineral surfaces. Determinations of
id, and conversely chemical fluxes in soils based on Equations (30) and (31), are difficult
-most soil conditions due to the non-linear dependence of conduc'uvxty and head potentials
0 moisture content and matrix potential.

timating rates of fluid flow

Several approaches can be used to overcome the complexities of unsaturated flow and




6 White: Chemical‘ Weather Rates of Silicate Minerals in Soils

S

-5

E 10

&

xE 1084

2

s 107 !

B

L. .

2 100 )

<} s

] .

Qo 10 Figure 20. Hydraulic conductivity K, versus .

] water content for the Palouse silt loam, Cengra
5 qote : . , . . Washington (after Globus and Gee, 1995),

f 00 05 10 15 20 25 3.0

Water content (cm3/cm?)

to estimate water fluxes through soils. One approach is to not consider the hydrologic detaj
of soil zone at all and simply calculate soil water fluxes from simple input-output (I/Q)
balances. As previously mentioned and discussed in greater detail by Drever (this volursi
watershed I/O balances is one such approach to calculate both water and solute flux
through the soil zone. This approach relies on the assumption that discharge from
watershed reflects percolation through the soil zone and that the spatial variability of 1
watershed soils can be either be characterized or ignored.

The fluid flux can also be calculated from a one dimensional I/O water balance in a soil
profile where q is assumed equal to the difference between precipitation P (cm/y) and evapo:
transpiration ET (cm/yr) which occur through the upper boundary of the soil profile

g =P - ET ’ (34
Because most evapo-traﬁspiration in soils occurs via plant respiration, direct estimates ‘of -
ET require detailed measurements which are specific to soil and vegetation types. ET can'.
also be indirectly-estimated by comparing the concentration ¢, of a chemical species thatis
contributed solely from precipitation to its concentration C in the soil zone which has
undergone concentration by ET. This is equivalent to assuming that ¢, and ¢;* are zero it
Equation (28) and the mass of fluid is no longer conservative. Under steady state conditio:
this relationship becomes (Erikkson and Kunakasem, 1969)

a

c
q = R-__’f_
Cr

Finally, estimétes of fluid flux can be made based on fluid residence times in the soil proﬁlé

Several age dating techniques including *H and *Cl have been successively employed in the -
_age dating relatively young soil-waters and in es’umatmg hydraulic conductivity (Alhson et B

al., 1994). :

The alternate approach to estimating soil water fluxes is to apply simplifying
assumptions to Richards equation (Eqns. 32 and 33) for specific soil environments:
Compared to the simple I/O models discussed above (Eqns. 34 and 35), such an approach- .
provides greater information on coupled processes that link soil mineral weathering with soil
hydrology. A special case predicted by the Richards equation relates to unsaturated zone
flow under conditions of constant matric potential or capillary pressure within a- -vertical
section of a soil profile (i.e dhp/dz =0) . In such a case dl /dz =1 (Eqn. 31} and the ﬂux
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One situation in which the flux and hydraulic conductivity may become equal (Eqn.
) is when an impeding layer is present within a soil column. The effect is to decrease the
draulic potential in the profile under the impeding layer and to stabilize the development
suction in the subsoil (i.e. dh,/dz - 0). This condition, when produced under experimental

nductivity (Hillel and Gardner, 1970). Such impeding layers are also a common
ccurrence in many natural soils in the form of caliche layers, duripans and fragipans. Such
il textures are commonly formed by precipitation of silica, iron oxyhydroxides and clay
inerals during cyclic wetting and drying of shallow zones of the soil profile (Karathanasis,
1989). A common feature is low hydraulic conductivity within these layers which often
results in seasonal saturated or neat-saturated conditions in overlying portions of the soil
profile and relatively steady state unsaturated conditions in the underlying portions.

A ample of estimation of soil water flux

i Inthis section, the hydraulic characteristics of the 250 kA Riverbank soil of the Merced
izchronosequence are used to illustrate methods for estimating hydraulic conductivity X, and
fluid fluxes g. The variations in moisture content (% saturation), matrix potential and SiO,
concentrations are shown as functions of depth in Figure 21. Soil moisture was calculated
#from measured gravimetric water content, an average measured soil density of p,,=1.85 g
1* and an assumed mineral density of p, =2.65 g cnt® . In the upper 1 m part of the soil
profile soil saturation approaches 100% during wet conditions in the winter and 0% during
conditions in the summer (Fig. 21A). Below approximately 1 m, the moisture content
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mes relatively constant with an average saturation of 85%. The corresponding matrix
= entials were measured with nested tensiometers. A matrix potential of zero corresponds
turated conditions whereas high matrix potentials correspond to low moisture contents.
1 the case for moisture content, the upper soil zone exhibits significant variations in
ix potentials between wet and dry seasons, while below 1 m, the matrix potential
mes nearly constant throughout the year with an average potential of approximately 10
(Fig. 21B).

. These relatively steady state hydrologic conditions occur below a silica duripan which
rvasive between 1 to 2 m depth in the older soils of the Merced chronosequence. The
ation of this layer corresponds to high SiO, solute concentrations which at these depths
oach silica gel saturation (Fig. 21C, dashed vertical line). Resulting SiO, gel
pitation is achieved by concentration through evapo-transpiration ‘of soluble SiO,
nally derived from silicate weathering. With time, the formation of such duripans at
ow depths become self perpetuating, whereby evapo-transpiration produces additional
a precipitation which in tumn leads to lower permeability which furthers the effects of
o-transpiration. '

The above observations (Fig. 21) suggest the rate of soil water movement is controlled
ipally by rates of slow infiltration through the duripan. Above this zone, the hydraulic
is strongly influenced by cyclic seasonal rainfall and ET, while below this interface, the

is controlled principally by gravimetric flow (dh/dz =0, Eqn. 33). Under such
ditions, the soil water flux density can be approximated by a constant conductivity (g =
; Eqn. 36). A single saturated conductivity measurement made on in situ core from the
verbank duripan, using a biased falling head setup, produced a value of 1- 107 cm s™. This
mparable to the saturated conductivity reported by Globus and Gee (1995) for the
use soil (Fig. 20) and is higher than expected for less saturated soil conditions.

An alternative approach is to calculate the fluid flux q through the profile based on Cl
ricentrations. Under such steady state conditions, q and therefore k; can be calculated from
ation (35). Precipitation chemistry was analyzed for samples periodically taken from
precipitation collectors which represented both wet and dry fall inputs. The average
spheric Cl concentration over a 4 year time period was c® = 25 £ 18 pmol I' . Cl
ibutions in the soil pore waters exhibit a similar trend as SiO, (Fig. 21C). In the deeper
turated zone below the duripan, seasonal variations damped out. At a maximum
sured depth of 5.6 m, the average soil water Cl concentration is ¢ = 308 = 109 pmol
ased on these estimates, approximately 8% of the precipitation was recharged through
¢ 5.6 m of soil while 92% was lost to ET. As previously indicated, annual mean
ecipitation at the Merced site is P =30 cm yr'. Substituting these values into Equation
results in a fluid flux through the system of g = 2.4 cm. yr'' : This corresponds to a
saturated hydraulic conductivity:K,, = 7 -10® cm s (Eqn. 36). As expected, this value is
mewhat lower than the saturated hydraulic conductivity measured experimentally.

:kil mineral weathering rates based on solute fluxes

The determinations of the chemical concentrations and fluid fluxes allows us to now
lculate solute fluxes through the Riverbank soil profile (Eqns. 27 and 29). Table 9 lists
erage chemical concentrations for major cations and silica measured over a 4 year period
recipitation and at 5.6 m depth in the Riverbank soil. The difference in these
ncentrations is assumed to correspond to the chemical concentration contributed from
¢mical weathering (Eqn. 28; ¢, - ¢).. The standard deviations of the soil water solutes are
iall (0.01 to 0.024 mol I'"). This suggests, as shown in the examples for SiO, (Fig. 21C),
at chemical fluxes in the deeper unsaturated zone are relatively constant over time. The
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“solute fluxescalculated by Equation (27) were found to range between 0,=210"2 mg} crﬁ-z

“hornblende apparently due to errors in estimating mineral stoichiometry and/or probleri
-with K balances. The precipitated secondary mineral phases (Table 10, negative values) ar

s? forK to 0, =1.0 - 10"° mol cm?s™ for Si0,."

" The solute concentrations for precipitation and soil water (Table 9) were used as input
to the NETPATH program to calculate corresponding masses of mineral dissolved in the firs
5.6 m of the soil zone. Mineral stoichiometries used in the model were previously determi
for the Merced soils (White et al., 1995). Attempts to constrain the model using K we _
unsuccessful apparently due to the fact that dissolved K concentrations do no realistically
reflect weathering reactions. K in the Merced soils is probably dominated by ion exchaﬁge'

processes and influenced by nutrient cycling in the vegetative cover.

NETPATH output, in terms of reacted mineral masses and weathering fluxes-ar
tabulated in Table 10. The mass flux of each mineral phase per unit of surface area of soi]
can be calculated in a manner analogous to that for solute fluxes (Eqn. 25) by multiplyin
mineral concentrations times the fluid flux density. Positive values correspond to miners
dissolution and negative values to mineral precipitation. Approximately 60% of the origiti
mass of plagioclase and 18% of the K-feldspar have dissolved between Riverbank time ai
the present (250 kyr) These results are in agreement with the loss of these phases previous]
calculated from solid state mass balances (Fig. 2B). The NETPATH output predicts on}
minor dissolution of biotite which is in agreement with its observed resistance to weatherin
in the: soil profiles. The model was found not to converge with calculations involvisi

kaolinite, amorphous silica, and goethite which is consistent with the observed secondary' :
mineralogy in the soil sequence.

The final step in calculating the mineral dissolution rate k; is to normalize the minera;
flux Q, to the mineral surface S'rather than the soil surface area S,. From Equations (26-29

k=R, -0 (37

R, was determined by Equation (29), where the specific surfacé areas of plagioclase and K-
feldspar were 0.46 and 0.94 m? g" ! (Table 5), and the respective mineral wt fractions in the
Riverbank soil are f,, = 0.26 and 0.16 (Fig. 2B). The total soil depth is z = 5.6 m and the soil
density is p,, = 1.85 g cm. Combining these parameters in R, with the mineral flux values -
in Table 10 resulted in mineral dissolution rate constants log & = 19.5 mol cm? s' for
plagioclase and log k;=-20.5 mol cm?.s" for K-feldspar (Eqn. 37). The corresponding rate
previously derived from the mineral mass balance model (Eqns. 21 and 22) were log k; =
19.9 mol cm™ ™! for plagioclase and -19.7 mol.cm s ' for K-feldspar (Table 7). The degre
of similarity in the rates is remarkable considering that the number of assumptions used in -
both models. This similarity also suggests that current weathering rates, characterized by *
solute fluxes, must be comparable to average rates impacting weathering over the 250 kyr |
of soil development. ,

INTERPRETATION OF WEATHERING RATE CONSTANTS IN SOILS

- The following discussion will compare the weathering rate constants derived from :
examples described in the previous-sections with k; values reported in the literature for soils
and for selected experimental studies for minerals common to soils. Table 7 tabulates -
weathering rate constants &; in increasing order of reaction for plagioclase, K-feldspar and
homblende. These minerals are common in soils developed on crystalline bedrock such as
granite. Rates were determined by various methods including mineralogical mass balances
(White et al., 1995), etch pit distributions (PSD model, Brantley et al., 1993), soil solute
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fluxes (Swoboda-Colberg and Drever, 1992; presént paper), witetshed solute balances
(Paces, .1983; Velbel, 1985; Siegal and Pfannkuch, 1984; and Schnoor, 1990) and the
integrated PROFILE model (Sverdrup, 1990) (see Sverdrup, this volume). Also included are
elected rates based on experimental mineral dissolution. The rate constants range from log
k. =-19.9 to -15.9 mol cm™ s for plagioclase, from log &;=-20.5 to -16.8 mol cm™ s™ for K-
dspar and from log & =-20.1 and -15.2 mol em? s for hornblende.

An important observation apparent from the tabulation is that the differences in rate
constants for individual minerals greatly exceeds any apparent difference in weathering rates
for different minerals. Blum (1994) previously noted that the experimental dissolution rates
f albite and K-feldspar in the acid and neutral pH range are indistinguishable. Comparable
differences between mineral phases in natural systems are also generally small (Velbel,
1993). In the Merced soils, plagioclase weathers only 2.5 times faster and hornblende only
times faster than K-feldspar. The time-dependent distribution of residual minerals in the
ferced soils, however, puts very tight controls on the magnitude of these rate constants. A
50% increase or decrease in observed residual mineral abundances, such as reported in
ure 2B, changes the calculated reaction rate by only a factor of +2. Such small differences
rates clearly fall below the resolution of the range in rate constants reported in Table 7.

In general, calculated rates for natural systems are significantly slower than for the
perimental studies. Several researchers have previously documented that natural
athering rates appear one to three orders of magnitude lower than experimentally predicted
tates (Claassen and White, 1979; Paces, 1983; Swoboda-Colberg and Drever, 1992; Velbel,
1993). Differences in rates can be contrasted by comparing residual mineral abundances in
Merced soils (Fig. 2B) with abundances predicted by the simple geometric model
pressed by Equation (17) (Lasaga, 1984). An experimental k;=-16.0 mol cm™s™' for albite
able 7) predicts a residence time of 575k yr for a 1 mm diameter grain. Yet >50% of a
mparable size fraction of plagioclase persists in the Turlock Lake soil after 600 kA (Fig.
). An experimental &,=-16.5 mol cm™.s" predicts that K-feldspar would persist for 920
kyr and yet >20% of the K-feldspar remains in the China Hat soil after 3000 kA (Fig. 2B).
These discrepancies between experimental and natural rates are based on extremely
conservative estimates. If the average roughness for crushed feldspar used in the dissolution
experiments were introduced into the geometric model (A = 8; Blum, 1994), the residence
times for the feldspars would be reduced to 35 to 70 kA. If the surface areas comparable to
dctual weathered silicates were used (A >100), the model would produce extremely
inrealistic residence times of <10 kA. ' '

: These apparent discrepancies in magnitude of the rate constants signify either that
significant variability must exist in the approaches and methodologies used to calculate the
rate constants and/or that significant variability must exist in fundamental processes which
control dissolution kinetics in natural and experimental systems. The following sections
present a brief review of probable causes of such variability. Additional discussions on the
¢ relative rates of experimental and natural systems are given by Sverdrup (this volume).

Surface area

Variation in the rate constants tabulated in Table 7 can be attributed, in part, to
differences in normalizing the solid or solute flux relative to unit surface area of mineral
surface (Eqn. 1). As indicated in Table.7, rate constants for weathering in natural systems
ve employed both geometric or BET estimates of surface areas. Indeed there has been a
ndency in the literature to use these two approaches interchangeably in comparing
i weathering rates. Due to natural surface roughness, BET surface areas aré generally 2 to 3
- orders of magnitude greater than geometric estimates of surface area. As indicated for the
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' weathenng study on the Merced chronosequence, the geometnc surface area model produces
“dissolution rates that are 102 to 10° orders of magmtude faster than the varlable-roughness

model (Fig. 13).

In contrast to natural systems, experimental studies have almost exclusively ut:hzed
BET surface area measurements. Therefore, differences in surface area estimates do not
explain why the experimental rates are significantly faster than natural rates. In fact if many
of the reported natural rates, based on geometric surface areas estimates, were renorrnahzed‘
using realistic values of surface roughness, the apparent discrepancies with expcnmentaj
rates would even be greater. Therefore, other processes, representing fundamental contiols
on chemical weathenng rates, must be also responsible for the discrepancies apparent i in
Table 7.

Seil age

Several lines of evidence suggest that mineral weathering rates decrease with time.
terms of a total soil, exponential decay in rates (Fig. 2) can be attributed to decreases i
weatherable aluminosilicates relative to residual phases such as quartz. Slower weatherin
rates in the Merced chronosequence can be attributed to the greater age of most of these so;
profiles relative to most other studies which have considered weathering in areas glaciate
during the Pleistocene (~10 kA). However, other evidence indicates that the dissolution rate
constants for individual aluminosilicate minerals may also decrease with time The Mercg
study is the first time that weathering rates for individual minerals have been documente;
to decrease with time (White et al., 1995). As shown in Figure 13, rat¢ constants fo
plagioclase, K-feldspar and homblende calculated from BET surface areas decrease by more’
than an order of magnitude over 3 million years of weathering.

Decreases in weathering rate constants with time can be explained, in part, by th
decoupling of the direct pmportlonahty between physical surface areas and the den31ty of
reaction sites with increasing time. On an atomistic level, heterogeneity in surface energie
is expected to decreasé as reaction sites at compositional impurities, dislocations and othe:
crystallographic defects are selectively reacted (Brantley et al., 1986; Blum and Lasaga;
1987). Therefore, the reactivity per unit of physical surface area may decrease. Rates for
minerals with high-energy heterogeneities are expected to be initially very rapid as reactive’
material is removed from etch pits. Rates will then decrease significantly after these sites are
depleted and less reactive sites dominate. In contrast, minerals with initially less surfac
energy heterogeneity would be expected to exhibit a less pronounced decrease in dissolutio
rate with time. Larger decreases in reaction rates with time for minerals with higher potenti
surface heterogeneity are suggested for the Merced soils (White et al., 1995). In the.
horizon, for éxample, hornblende weathering rates appears to decrease by a factor of abou
45 between 10 kA and 3000 kA, plagioclase by a factor of ~16-and K-feldspar by ~4.5, the
same order as decreasmg etch pits abundance observed by SEM (Fig. 10).

BET measurements on primary silicates from soils have generally been performed onv
clean surfaces from which adhering clay and Fe oxyhydroxide layers were removed (White..
and Peterson, 1990; Anbeek, 1992; White et al., 1995). Increasing concentrations of these
secondary phases in soils of increasing age may also exert a negative impact on dissolution
rates by effectively shielding chemical interaction between the physical mineral surface and
soil waters. This scenario is supported by the observation that with increasing age, the
measured BET surface areas of the untreated bulk soils become progressivély less than the
sum of the separated Fe hydrox1des, clays, and primary silicate components (White et al.;
1995). This implies that in untreated soils, components such as Fe oxyhydroxides, are
occluding the gas absorption and by inference, aqueous interactior in the soil environment:
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! dlute chemistry .

Soil solute chemistry is both produced by and may influence weathering reactions in
ils. Solution pH has been shown to be a significant factor in controlling experimental
icate dissolution rates (see Blum and Stillings and Brantley, this volume). This is because
sth H" and OH- are important participants in dissolution mechanisms, and fluctuate more
idely in concentration than any other natural solute. Except in the case of strong

ification [Swoboda-Colberg and Drever, 1992]; the reported pH of soil and catchment
ers generally range between 4 to 8. In reviewing dissolution of plagioclase and K-

ldspar, Blum (1994) (also see Blum and Stillings, this volume ) showed dissolution rates

e-at minimum constant values between pH S and 8. Below approximately pH 5, the rate

tant for feldspars becomes proportional to [H*]** This data suggest that weathering rates

ge by a factor of 5 between pH 4 and 5,a pH range typical of acid soils. A variation in

tion input pH of 4.5 to 4.0 during artificial acidification of soils at Bear Brook, Maine
oboda-Colberg and Drever, 1992). produced a factor of 3 increase in rate constant (k=

10"% t0 2.0x10""" mol.cm.5™) for reactive minerals dominated by plagioclase and mica.

ever for soils in the more neutral pH range, weathering rates are not particularly

itive to pH changes. :

As previously discussed (Eqn. 31), soil solute compositions impact soil weathering
via reaction affinity. Burch et al. (1993) investigated the effects of approach to
uilibrium from undersaturation on the rates. of albite dissolution at pH 8.8 and 80 °C. At
G, »-10 kcal, dissolution rates were independent of saturation state. The rates of
dissolution decreased rapidly in the range of -10 to -7 kcal and reached a plateau from AG,
to close to equilibrium. Based on Figure 19, AGr for most soil solutions at pH > 5 are
cess of -10 kcal with respect to albite (Fig. 19). Assuming that the experimental ranges
(Buirch et al., 1993) can be extrapolated to ambient soil temperatures, the saturation state of
ost soils waters should strongly affect albite dissolution rates. Although no experimental
ta is available on the effects of AG. on K-feldspar dissolution, soil solutions are generally

I to saturation than for albite (Fig. 19) and therefore the K-feldspar rates may be even
ore retarded in soil solutions. This effect has been suggested by Brantley et al. (1995) as

the reason for why K-feldspar apparently weathers at a slower rate in field conditions relative
bite. ‘ v

In addition, thermodynamic saturation, the concentration of specific aqueous species
il solutions may also impact mineral dissolution rates. Oelkers et al. (1994) showed at
ted temperatures (150°C) increasing Al concentrations decreased reaction rates far from
ibrium. This effect was attributed to the presence of a reactive surface precursor that
not have the same AL:Si stoichiometry as the original silicate mineral. Studies have also
cumented that the addition of aqueous SiO, retards the dissolution of kaolinite in alkaline
lutions far from equilibrium (Devidal et al., 1992). This is likely the result of adsorption
ueous silica which adds cross links to the silica network forming silanol groups. As
ggested by the above discussion, specific soil water chemistry can influence weathering
s of minerals in complex ways. For example, although decreasing pH will accelerate
athering rates, concurrent increases in Al release will tend to concurrently retard
ssolution: As pointed by Sverdrup (1990) (also see Sverdrup, this volume), an rigorous
proach to quantitatively modeling weathering reactions requires the ability to simultaneous
consider this solution effects.

drologic heterogeneity

Heterogeneity in soil zone hydrology impacts soil solution chemistry, fluid residence
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Figure 22. Soil hydrologic heterogeneity as demonstrated by variations in cumulative volume of w.
that has flowed through sections of an in situ soil column (after Andreini and Steenhuis, 1993).

times, and effective mineral surface areas exposed to weathering reactions. Formation of -
duripans or fragipans, which significantly retard the movement of water and solutes through
the soil zone, is reviewed by Smeck and Ciolkosz (1989) and Nettleton (1991). The effect
of 8iO, fragipan formation on soil moisture content, matrix potential and solute chemlsu-y-v
is demonstrated for Riverbank soil profile (Fig. 21)..

In contrast, preferential flow can be generated by soil macropores generated from plan
roots, burrowing animals, soil-cracks and sedimentological heterogeneity (Gish an
Shirmohammadi; 1991). An ekample of preferential flow due to macropores is shown in
Figure 22 for the rates of fliid flux through the cross sectional area of a large scale field
lysimeter (Andreni and Steenus 1993) Such preferential ﬂow, which can increase fluid:

soil solution concentratlons and reaction affinities.

If a large fraction of the mobile fluid interacts with a small proportion of the potentiall
available mineral surface area , rates calculated from total soil surface area will significantl;
underestimate the natural weathering rate (Velbel, 1993). In addition, if soil lyimeter:
predominantly sample matrix pore water, the corresponding high solute concentrations wil
overestimate solute fluxes which in reality are dominated by lower solute concentration:
associated with macropore flow. Several researchers suggested soil heterogeneity i
responsible ‘for the apparent lower weathering rates in natural systems relative t
experimental studies (Swoboda-Colberg and Drever, 1992; Velbel, 1993).

Role of biological activity

The role of plants and associated mirco-biota in chemical weathering has received. .
intense recent interest in relation weathering and the earths’ climate (Berner, this volume). '~ ..
Most data collected to date on the effects of plants on silicate weathering have been. '
descriptive and generally inconclusive (Huang and Schnitzer, 1986). Potential influences of - .
plants on chemical weathering in soils include effects of pH, organic ligands and issues::
related to physical and hydrologic processes, such as erosion, moxsture retention and:--
transpiration (Drever,1994).

Plant root respiration impacts soil water pH through the ‘release of ,COz.‘ Poop IS
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mmonly 1 to 2 orders of magnitude higher than atmospheric CO, (P¢g, =1 037 atm). Plant
£Qi~respifation is- the main source of H* which drives the silicate hydrolysis reaction
esponsible for soil weathering. However due to associated buffering reactions, even very
Pco; values will not generate soil pHs in excess of 4.5. As previously indicated, reaction
s at or above these pHs probably do not vary by more than a factor of 2 or 3. Organic
icids produced by biological activity can also depress soil solution pH. However, these
ies are not present in most soil solutions at concentrations sufficient to significantly
¢r the pH to a degree which can accelerate weathering reactions (Drever, 1954).

Organic ligands produced by biological activity influence soil weathering rates by
mplexing with the species-such as Al on silicate surfaces and thus facilitate breaking of
structural bonds and accelerating weathering. In contrast, the sorption of non-complexing
ics on to mineral surfaces may decrease dissolution rates by effectively shielding the
freactive surface from proton-induced reactions. Most experimental studies to date have

facused on dissolution involving strong complexing ligands such as oxalate at concentrations
nificantly higher than that measured in soil waters. Even these results suggest that
nplexation does not increase silicate dissolution rates by more than a factor of 2 to 3
Ich and Ullman, 1993). ’

Field data, in contrast, suggests that vegetation can significantly affect chemical
ering. Conifer forest plantations impact soil acidity and the release of Al and other
ies from soil exchange, and weathering of soils (Huges et al., 1994). In a recent paper,
hran and Berner (1995) (seé Berner, this volume) showed that vascular plants augment

mical weathering by at least an order of magnitude relative to abiotic conditions. These
and-other results suggest that such accelerated weathering occurs in micro-environments
iated with roots and fungal hyphae where pH and organic ligands may be significantly
concentrated than measured in soil water. :

- The origin of the term "weathering" implies that chemical weathering in soils is
ingly affected by climate, principally by moisture and temperature. Moisture is influenced
the total amount, intensity,.and seasonality of precipitation, humidity, evapo-transpiration,

. The most simplistic description of the effect of temperature on chemical reaction rates
the Arrhenius relationship. The ratio of rate constants k; and k° at temperatures T and T°
), respectively, can be predicted by the expression

E (1 1
R T° T

ere R is the gas constant factor and E, (kJ mol™) is the reaction activation energy.

k
= exp

€]

5
- ]
kf

- Figure 23 indicates that increases in activation energy increases the temperature effect
weathering rates. Experimental studies generally report activation energies for silicate
fierals ranging between 30 and 90 kJ mol” (Knauss and Wolery, 1986; Sverdrup, 1990;
ady and Carroll, 1994) (see present volume). As pointed out by Velbel (1990), the
onential character of the Arrhenius equation can produce strong non-linear effects on
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weathering due to temperature variations in shallow soils. For example, short periods. of
relatively warm temperatures will have a disproportionate effect on weathering rates relativé
to long periods of cool temperatures.

Water content also has long been considered an important parameter in soil
development but has only recently been considered in terms of weathering mechanisms
(Swoboda-Colberg and Drever, 1992; Velbel, 1993). Increasing precipitation, moistute, and:
solvent throughput can affect the unsaturated hydrology of the soil zone, and accelera
weathering rates by increasing the wetted surface areas of minerals. In addition, as soils
become wetter, stagnant;,p‘c')re waters, that are immobile under drier conditions, becomeé
hydrologically connected and can potentially activate weatherable mineral surfaces. Are:
of high precipitation-also generally correlate with areas of greater. vegetative cover which can
influenced weathering processes as previous discussed. In conirast, low rates of precipitation
and/or high rates of ET will produce more concentrated soil solutions that will be
thermodynamically closer to mineral equilibrium than in wetter soils. High solu
concentrations may also promote the effects of Al and other species that have bee
experimentally shown to inhibit feldspar dissolution

Based on watershed fluxes, linear relationships between weathering and annual averaj
precipitation and runoff have been developed (Dethier, 1986). Recently White and B
(1995b) proposed a coupled relationship

Q,6 = (a,*P) exp -ﬂ 11
oo R\|T T,

N\
in which the chemical flux Q,, varied as the product of a linear precipitation term P and an-
exponential temperature term (Eqn. 38). Equation (39) predicts that the effect of precipitation.
on weathering is much greater in regions of higher temperatures than-in regions of lower
temperatures. Conversely, the temperature function is dependent on -precipitation. For’
weathering exposed to low precipitation, the apparent exponential effect of temperature o1
weathering will be quite low. For wet regions, the exponential influence of temperature ofi;
weathering becomes very pronounced. The net effect of the above relationship.is to reinforce:
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gathering in areas of both high temperature and precipitation as in the tropics and to
crease weathering fluxes in watersheds with low temperature and precipitation such as in
ﬁh arctic. At present, this model has been calibrated on a watershed scale and not yet been
validated in terms of actual weathering rates in soil environments.

'CONCLUSION

Although the subjéect of chemical weathering in soils has been the focus of extensive
arch over the last century, surprisingly meager information is available on quantitative
eathering rates of primary silicates in soil environments. This paper. documents approaches
: mployed to obtain such rates, summarizes available data, and identifies chemical, physical,
- hydrologic processes responsible for the observed variability.

Silicate weathering rates are addressed from several perspectives. Chdnges in mineral
ses during soil formation reqiiire determination of initial and final compositions of both
therable silicates and inert elements or minerals in the soil. Approaches are demonstrated
calculating weathering velocities in saprolite profiles and in documenting the effects of -
limate on rates of soil development. Use of soil solute fluxes in calculating mineral
thering rates involves solving mass balances which relate the array of solute species to
solution and precipitation of specific mineral phases. Solute mass fluxes require the
ermination of the fluid flux through the soil, based on either estimates of hydraulic
ductivity or on input/output balances for conservative tracers such as chioride.

Calculation of weathering rates requires normalization of mass balances to specific
eral surface areas. Approaches to surface area characterization include macroscopic
metric estimates and microscopic BET measurement. Surface areas determined from
e approaches progressively diverge as mineral surfaces roughen and porosity increases
ith weathering intensity.

Weathering rates, derived from mineral mass balances and solute fluxes, are compared
ot a Merced soil profile, and found to be similar, This agreement is remarkable considering
number of assumptions used and the fact that the mineral balance approach integrates
thering over the entire time of soil development while the solute approach is based on
uid residence times of several years. However reported rates of specific minerals
eathering under both natural and experimental conditions where found to vary between 3
4 orders of magnitude. This range is greater than difference in rates between minerals.
h variations are caused, in part, by differing approaches used to calculate rate constants,
artxcularly in regard to surface areas.

Other reasons for vanatlons in rate constants are attributable to fundamental processes
hich impact weathering reactjons in the natural environment. These include the effects of
oil age on mineral surface reactivity, the role of hydrologic heterogeneity on fluid residence
fime and reactive mineral surfaces, the effects of soil solution pH, speciation and reaction
afﬁmtles and finally the impact of vegetation and climate. In summary this paper outlines
the quantitative framework by which soil weathering rates can be calculated and compared.
tClearly much additional work is required to understand the geochemical processes that
'impact the results generated by these approaches
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